Dynamics of the Coupled System
Troposphere/Stratosphere in the
Fxtratropics

Dissertation
zur Erlangung des Doktorgrades
der Mathematisch-Naturwissenschaftlichen Fakultat

der Christian-Albrechts-Universitat zu Kiel
vorgelegt von

Nour-Eddine Omrani

&
IFM-GEOMAR :

Leibniz-Institut fir Meereswissenschaften
an der Universitat Kiel

Kiel 2007






Contents

0.1 Zusammenfassung . . . . . . . ..o iv
0.2 Abstract . . . . . . . vi
0.3 Abbreviations and list of figures . . . . . . .. ... ... viii
1 Introduction 1
1.1 Overview of thisstudy . . . . . ... ... ... ... ... ..., 1
1.2 The vertical structure of the atmosphere . . . . . . . . .. ... ... 2
1.3 The meridional circulation in the middle atmosphere . . . . . . . .. 4
1.4 The Annular Mode (AM) . . . . . .. ... ..o 5
1.5 The coupling between troposphere and middle atmosphere . . . . . . 6
1.5.1 The chemical mode of coupling . . . . ... ... ... . ... 7
1.5.2  The radiative mode of coupling . . . . .. ... ... ... .. 8
1.5.3 The dynamical mode of coupling . . . .. .. ... ... ... 9
1.5.3.1 The dynamical impact of the troposphere on the
stratosphere . . . . . . ... ... 9
1.5.3.2 Gravity waves . . . . . . . .. ... 11
1.5.3.3  The dynamical impact of the middle atmosphere on
the troposphere . . . . . . .. ... 12
2 The dynamics of the middle atmosphere in MAECHAMS5 15
2.1 Model and observational data . . . . . . ... ... o000 15
2.1.1 Model . . . .o 15
2.1.2  Observational data (SPARC) . . ... .. ... ... ... .. 16

2.2 The Transformed Eulerian Mean (TEM) formulation of the momen-
tum budget . . . ..o 17



Contents

i1

2.3 The structure of the zonally averaged zonal wind and temperature . . 18

2.4  The structure of the meridional residual circulation in MAECHAMS5 . 20

2.5 The forcings driving MAECHAMYJ5 meridional residual circulation . . 24
The leading statistical modes in the Northern Hemisphere 31
3.1 Methods . . . . . . . 31
3.1.1 Empirical Orthogonal Function (EOF) analysis . . . ... .. 31
3.1.2  Singular Value Decomposition (SVD) . . . . .. ... ... .. 32
3.1.3 Wavelet analysis . . . . . ... ... .. L. 33
3.2 The leading modes of the intraseasonal variability . . . . . . ... .. 34
3.2.1 The Northern Annular Mode (NAM) . . . ... .. ... ... 34

3.2.2 The dominant time scales of the intraseasonal NAM variability 37
3.3 The leading modes of the troposphere/stratosphere covariability . . . 39

The coupled system stratosphere/troposphere at strong polar vortex 43

4.1 Methods and theoretical background . . . . . ... ... ... ... 43
4.1.1 Composite analysis . . . . . . ... ... 43
4.1.2 Dynamical background . . . . . . . ... ... ... ... ... 44

4.2  Wind and temperature anomalies during strong stratospheric NAM-
phases . . . . . L 52

4.3 Dynamical coupling and spatial structure in the mature phase . . . . 60

4.3.1 Transformed Eulerian Mean (TEM) forcings and the NAM-

pattern . . . . . . ..o 60
4.3.2 The wave- zonal wind feedback . . . . .. ... .. ... ... 64
4.4 The dynamics of the evolution of the polar vortex . . . . . . . .. .. 68

The coupled system stratosphere/troposphere at strong tropospheric

NAM 73

5.1 Wind and temperature anomalies during strong tropospheric NAM-
phases . . . . .. 73
5.1.1 Time evolution . . . . . .. ... ... ... oL 73

5.1.2 Two-dimensional structure . . . . . . . . . ... .. ... ... 76



5.2 The forcing driving the tropospheric NAM
6 Conclusion

7 Appendix

Contents

il



Contents

0.1 Zusammenfassung

In dieser Studie wurde die Dynamik des gekoppelten Systems Troposphére/Stratosphére
mit dem atmosphérischen Zirkulationsmodell MAECHAMS, gekoppelt mit einem Deck-
schicht-Ozeanmodell, untersucht. Der Schwerpunkt lag auf dem Einfluf der Stratosphére
auf die Troposphére. Beziiglich des Modells konnte festgestellt werden, dass die Januar-
MAECHAMbA5-Klimatologie gut mit der beobachteten Klimatologie {ibereinstimmt. Am
besten ist die Ubereinstimmung in den Extratropen und unterhalb der obersten Mod-
ellschichten (wo der Sponging-Effekt stark ist). Weitere Untersuchungen zeigten, dafs
sowohl Dynamik als auch dreidimensionale Struktur des 'Northern Annular Mode’ (NAM)
in MAECHAMS5 gut mit vorherigen Studien iibereinstimmen. Beziiglich der Kopplung
konnte durch MAECHAMS5-Daten festgestellt werden, dass die NAM-Muster nicht nur
die troposphérische und stratosphérische Variabilitit, sondern auch die Kovariabilitit zwi-
schen Troposphére und Stratosphére nordlich von 20°N dominieren.

Eine zeitverschiebende ’"Composite’ Analyse basierend auf dem 50hPa-NAM-Index (NA-
MI), ein Maf fiir die Stirke des ’stratosphérischen Modes’, zeigte, daf stark positive
stratosphérische NAM-Phasen mit einem starken anomalen Westwind in hohen Breiten
und einem Temperatur-Quadrupol zwischen Troposphéire und unterer Mesosphére verbun-
den sind. Der untere Teil dieses Quadrupols hat eine Dipolstruktur mit einer anomal
kalten (warmen) Tropo- und Stratosphére an den Polen (in den mittleren Breiten) und
ist mit einer anomal positiven vertikalen Windscherung assoziiert. Dieser Dipol wird
zusammen mit den Westwind-Anomalien in der NAM-Zunahme (Abnahme) Phase stirker
(schwécher). Der obere Teil des Temperatur-Quadrupols zeigt einen Dipol mit einer anomal
warmen (kalten) oberen Strato- und Mesosphére an den Polen (in den mittleren Breiten)
und ist mit einer anomal negativen vertikalen Windscherung verbunden. Der warme Pol in
Mesosphiére und oberer Stratosphére verstéarkt sich zusammen mit den Ostwind-Anomalien
besonders in der NAM-Abnahmephase und breitet sich nach unten aus.

Unter Anwendung des Impuls-Erhaltungssatzes in der TEM-Formulierung (Transformed
Eulerian Mean) wurde auferdem die Dynamik wihrend des starken stratosphérischen
Wirbels analysiert. Die Analyse der Wellen-, Coriolis- und Residualforcings aus dem
Impuls-Erhaltungssatz zeigt, dass die NAM-Strukturen der Temperatur, des Windes und
der Geopotential-Hohe, sowie ihre abwérts gerichteten Ausbreitungen, aus der Antwort
der 'Stretching Vorticity’ auf Anderungen des Coriolisforcings und eine quasigeostrophis-
che Anpassung der Troposphire an diese Anderungen resultieren. Das Coriolis-Forcing
wiederum wird durch das Wellen- und das Residualforcing verursacht. Persistenz, Zu-
nahme, und abwértsgerichtete Ausbreitung der NAM-Anomalien werden durch eine Riick-
kopplung zwischen planetaren Wellen und polarem Wirbel verstirkt, die den Westwind
innerhalb des gekoppelten Systems Troposphére/Stratosphére beschleunigt. Dabei ver-
stdrken sich die anormale dquatorwérts gerichtete Ausbreitung der planetaren Wellen
und der starke polare Wirbel gegenseitig. Abnahme und Modulation der starken NAM-
Anomalien werden dagegen durch zwei negative Riickkopplungen erhéht, die den Westwind
an der oberen und unteren Grenze des gekoppelten Systems Troposphére/Stratosphére
verlangsamen: (1) Riickkopplung zwischen polarem Wirbel und Residualforcing in der
oberen Stratosphdre und unteren Mesosphire, die durch das Filtern der Schwerwellen
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0.1 Zusammenfassung

durch den polaren Wirbel erkldrt werden kann. (2) Riickkopplung zwischen Zonalwind
und der Summe aus Residual- und planetarem Wellenforcing.

Eine zeitverschiebende 'Composite’ Analyse basierend auf dem 1000hPa-NAMI (’tro-
posphérischer Mode’) zeigte, dass tropo- und stratosphérischer NAM zwei verschiedene
Modes sind, die von unterschiedlichen Forcings angetrieben werden. Im troposphérischen
Mode werden die troposphérischen Westwinde durch starke interne Forcings ausgelost, die
sich innerhalb der Troposphére in den synoptischen Zeitskalen entwickeln. Dies resultiert
in stérkeren troposphérischen Westwinden. Die Stratosphére ist fiir den troposphérischen
Mode ebenfalls wichtig: sie fithrt zu niederfrequenten Anderungen in der oberen Tro-
posphére, die mit einer Verstarkung des troposphérischen Wellen-, Coriolis- und Residual-
Forcings verbunden sind. Diese Verstirkung des Forcings fiihrt dann zu troposphérischen
Zirkulationsanomalien, die zu einer starken anomalen Aufwértsbewegung fithren und damit
zu einem starken Vortex, der ca. 4-5 Tage spéter sein Maximum erreicht. Der starke
Vortex triagt durch den ’Stretching Vorticity’” Mechanismus und die Riickkopplung zwis-
chen Vortex und planetaren Wellen dazu bei, dass die Westwinde und die Abkiihlung in
der Tropo- und Stratosphére andauern. Die stratosphérischen Westwinde sind im tro-
posphérischen Mode schwicher als im stratosphérischen, da die planetaren Wellen im er-
steren einen wesentlich geringeren Beitrag zu den stratosphérischen Windanomalien leisten
als im stratosphérischen Mode.
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0.2 Abstract

In this study the dynamics of the coupled troposphere/stratosphere system was investigated
using the atmospheric circulation model MAECHAMS5 /ocean mixed layer coupled model.
The focus was on the impact of the stratosphere on the troposphere. The January clima-
tology of the model agrees well with the observations, especially in the extratropical region
and below the uppermost model levels (where the sponging effect is strong). The dynam-
ics that maintains the middle atmospheric circulation in MAECHAMS5 is consistent with
the middle atmospheric dynamics known from previous studies. The three-dimensional
structure of the Northern Annular Mode (NAM) in MAECHMAS5 agrees well with that
observed. The NAM dominates not only the variability in but also the covariability be-
tween troposphere and stratosphere north of 20°N.

A lag composite analysis based on the 50hPa NAM-Index (NAMI), a measure of the
strength of the ’stratospheric mode’, shows that strongly positive stratospheric NAM-
phases are associated with strong anomalous westerlies in high latitudes and a temperature
quadrupole between troposphere and lower mesosphere. The lower part of this quadrupole
shows a dipole structure with an anomalous cold (warm) polar (mid-latitude) troposphere
and stratosphere and is associated with a positive shear of the anomalous westerlies there.
This dipole strengthens (weakens), together with the anomalous westerlies, in the NAM-
increase (decrease) phase. The upper part of the temperature quadrupole shows a coherent
dipole with an anomalous warm (cold) polar (mid-latitude) upper stratosphere and low-
ermost mesosphere and is associated with a negative shear of the anomalous zonal flow
there. The warm pole in mesosphere and upper stratosphere strengthens and propagates
downward together with anomalous easterlies, especially in the NAM-decrease phase.

The dynamics during strong vortex is analyzed by computing the wave, residual Cori-
olis, and non-resolved (residual) forcing in the Transformed Eulerian Mean formulation
(TEM). NAM temperature, zonal flow and geopotential height patterns and their down-
ward propagation can be explained by the response of the stretching vorticity to residual
Coriolis forcing changes, which are caused by the resolved and non-resolved wave forcing,
and by quasigeostrophic adjustment of the troposphere to these changes. The persis-
tence, increase, and downward propagation of the NAM-patterns is enhanced mainly by
the planetary wave-vortex feedback that accelerates the westerlies within the coupled tro-
posphere/stratosphere system. Thereby the strong vortex is strengthened further by the
equatorward propagation of planetary waves and vice versa. The decrease and modula-
tion of the strong NAM-anomalies is enhanced by two negative feedbacks that decelerate
the westerlies in the upper and lower boundaries of the coupled troposphere/stratosphere
system. The first feedback is a vortex-residual forcing feedback acting in upper strato-
sphere and lower mesosphere and can be explained by the filtering of gravity waves by the
stratospheric jet. The second feedback acts near the lower boundary and is driven by both
residual and planetary wave forcing.

A lag composite analysis based on the 1000hPa-NAMI, a measure of the strength of
the ’tropospheric mode’, showed that tropospheric and stratospheric NAM are two dif-
ferent modes driven by two different forcings. In the tropospheric mode the tropospheric
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0.2 Abstract

westerlies are induced by a strong internal wave forcing, which develops inside the tro-
posphere on a synoptical time scale. This results in stronger tropospheric westerlies in
the tropospheric mode. The stratosphere is also important in the tropospheric mode: It
provides the upper troposphere with a low frequency westerly wind and wind shear and
thus with enhanced baroclinicity that are associated with an amplification of the upper
tropospheric wave, Coriolis and residual forcing. This forcing amplification leads then to
an increase of the tropospheric circulation anomalies, which results in anomalous ascent
and cooling in the Arctic and thus in a strong vortex that reaches its maximum 4-5 days
later. The strong vortex contributes, through the stretching vorticity mechanism and the
vortex-planetary waves forcing, to the persistence of both tropospheric and stratospheric
westerlies and cooling. The stratospheric westerlies are much weaker in the tropospheric
than in the stratospheric mode due to the much lower contribution of the planetary waves
to the stratospheric wind anomalies in the tropospheric mode.
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0.3 Abbreviations and list of figures

Abbreviations

AM Annular Mode

AO Arctic Oscillation

EOF Empirical Orthogonal Function
EP-flux Eliassen-Palm-Flux

GCM General Circulation Model

H-L High minus Low composite

(MA)ECHAMS5 (Middle Atmospheric) Hamburg version of the ECMWF model

ML Mixed Layer
NAM(I) Northern Annular Mode (Index)
NAO(I) North Atlantic Oscillation (Index)
TEM(E) Transformed Eulerian Mean (Equation)

SVD Singular Value Decomposition
PC(A) Principal Component (Analysis)

PV Potential Vorticity

QBO Quasi Biannual Oscillation
SAM(I) Southern Annular Mode (Index)
SPARC Stratospheric Processes And their Role in Climate

SSA Singular Spectrum Analysis

SST Sea Surface Temperature

STE Stratosphere-Troposphere Exchange

STT Stratosphere-Troposphere-Transport

TST Troposphere-Stratosphere-Transport

TTL Tropical-Tropopause-Layer
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1 Introduction

1.1 Overview of this study

The purpose of this work is to understand the dynamics of the coupling between tro-
posphere and stratosphere with the help of the middle atmosphere model MAECHAMS5
coupled to an ocean mixed layer model, which was used without any external forcing.
This makes the interpretation of the results easy, since the effects on ocean dynamics
and/or natural and anthropogenic forcings are not considered. In this first chapter
a general introduction into the different modes of coupling between troposphere and
stratosphere is given. The focus is on the dynamical mode of the coupling. In the
second chapter, the accuracy of MAECHAMS is described by comparing its clima-
tology to observational data and by looking at the consistency of its dynamics. The
focus is on the meridional residual circulation and on its forcing. In the third chap-
ter, the leading modes of the month-to-month winter variability and covariability in
the stratosphere/troposphere coupled system are identified. The dominant intrasea-
sonal time scales of the tropospheric and stratospheric NAM are also investigated.
In the fourth chapter the dynamics of the coupled system stratosphere/troposphere
during strong stratospheric Northern Annular Mode -NAM- or vortex (in the fol-
lowing: ’stratospheric mode’) are examined. The following fundamental questions

are addressed in chapter four:

e What drives the temperature, wind, and geopotential patterns during strong

stratospheric NAM-phases?

e Which mechanisms control the strengthening of the polar vortex and its impact

on the troposphere?
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e Which processes contribute to the weakening and decay of the polar vortex?

Finally, in chapter 5, the dynamics of the coupling between troposphere and
stratosphere during strong tropospheric NAM (in the following 'tropospheric mode’)
is investigated briefly. The focus is on the differences between the stratospheric and

tropospheric modes. The results of this study are discussed in chapter 6.

1.2 The vertical structure of the atmosphere

The conventional dividing of the atmosphere is based on the vertical structure of
the temperature field (Fig. 1.1). The lowermost atmospheric layer is the tropo-
sphere, and it extends from the surface to the tropopause (10-16 km depending on
latitude). The troposphere is characterized by a temperature decrease with height.
The stratosphere extends from the tropopause to the stratopause (about 50 km) and
is characterized by a temperature increase with height. The mesosphere is located
between stratopause and mesopause (about 80 km) and shows, like the troposphere,
a temperature decrease with height. The thermosphere is characterized by a temper-
ature increase with height and extends from the mesosphere to about 500 km. The
region between the tropopause and approximately 110km (homopause) is termed

'middle atmosphere’.

The troposphere contains about 85% of the atmospheric mass and nearly all of the
water vapor. Almost all human activities and weather phenomena occur in this layer.
The strongest absorption of the solar radiation that reaches the troposphere is found
at the surface. The absorption of the short wave radiation in the free troposphere is
weak, so that the vertical thermal structure of the troposphere results mainly from
the balance among infrared radiative cooling, vertical turbulent transport of sensible
and latent heat from the surface, and heat transport by synoptic eddies. This results
in the maximum tropospheric temperature near the surface that decreases vertically
with a lapse rate of about 6°C/km, and in low static stability leading to enhanced

vertical mixing. The term troposphere originates from the Greek word ’tropos’,
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which means 'mixing’ and thus reflects the main property of the troposphere. The
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Figure 1.1: Vertical profile of the temperature as defined in U.S. Standard Atmo-
sphere [1976]. The tropopause level is represented for mid-latitude con-
ditions. The clouds in the tropics extend to about 18 km, which cor-
responds to the tropical tropopause. Figure taken from Brasseur et al.
[1999].

thermal structure of the middle atmosphere results mainly from the balance between
the infrared radiative cooling by the stratospheric gases and the radiative heating due
to the absorption of the solar ultraviolet (UV) radiation by ozone. The latter induces
an increase of the stratospheric temperature with height, which results in a strong
static stability suppressing rapid vertical mixing so that horizontal mixing becomes
more important. The term stratosphere stems from the Latin word ’stratum’, which

means 'layered’ and reflects the layered structure of the stratosphere.
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1.3 The meridional circulation in the middle
atmosphere

The middle atmospheric meridional circulation (Fig. 1.2) results mainly from the
dynamical response to the seasonal radiative heating. The imbalance between the
UV-absorption by ozone and cooling (caused mainly by greenhouse gases) through-

out the middle atmosphere determines to a very large degree the middle atmospheric
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// 60
50

40

: 30
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Figure 1.2: Schematic streamlines of the meridional residual circulation during
northern winter [After Dunkerton, 1978|

temperature pattern. The structure of the temperature that results from the radia-
tive equilibrium (without dynamics) shows a strong temperature decrease from the
summer to the winter pole e.g. |e.g. Andrews et al., 1987; Holton, 1992|. This results,
by thermal wind balance, in very strong radiatively induced westerlies (easterlies) in
the winter (summer) hemisphere of the middle atmosphere. The radiatively induced

temperature in the poles deviates strongly from the observed temperature, which
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results from both radiative and dynamical heating.

The role of the middle atmospheric circulation, i.e. dynamics, consists in the
compensation of the radiative heating (by vertical motion), a damping of the ra-
diatively induced meridional temperature gradients and a reduction of the radia-
tively induced strong zonal flow. In this way, the temperature and zonal flow struc-
tures become comparable to observations. The middle atmospheric circulation of
the summer pole is dominated by upward motion and thus an adiabatic cooling
that compensates the strong radiative heating and weakens the radiatively induced
meridional temperature gradients and easterlies there. The winter pole part of
the meridional circulation is dominated by downward motion and thus by an adia-
batic warming that compensates the radiative cooling and weakens the radiatively
induced meridional temperature gradient and westerlies there. A meridional mo-
tion from winter to summer hemisphere is thus induced across the equator leading
to the so-called Murgatroyd-Singleton circulation [Murgatroyd and Singleton, 1961;
Dunkerton, 1978]. This one-cell circulation structure dominates in the upper part
of the middle atmosphere. The lower and middle stratosphere is dominated by
a quasi-symmetric two-cell circulation known as Brewer-Dobson circulation. Both
Brewer-Dobson and Murgatroyd-Singleton circulation are driven by tropospheric
waves that propagate into the middle atmosphere inducing a circulation change
by wave-meanflow interactions. The Brewer-Dobson circulation is strongest in the

winter pole, where planetary wave activity is strong.

1.4 The Annular Mode (AM)

The most recent investigations of the coupling between stratosphere and tropo-
sphere use the Annular Mode (AM) |Thompson and Wallace, 1998; 2000; Baldwin
and Dunkerton, 1999|. The AM in the Northern (Southern) Hemisphere is referred
to as the Northern (Southern) Annular Mode, i.e. NAM (SAM), and defined as
the leading Empirical Orthogonal Function (EOF) of the monthly winter geopo-
tential height north of 20°N (south of 20°S). The AM pattern is nearly zonally
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symmetric. Its structure is characterized by a meridional dipole in the geopoten-
tial height between the arctic basin and the surrounding zonal ring [e.g. Thompson
and Wallace, 1998]. The Principal Component (PC) corresponding to the NAM
(SAM) is called NAM- (SAM-) Index, i.e. NAMI (SAMI). The NAM at the surface
is strongly related to the North Atlantic Oscillation (NAO) [Thompson and Wal-
lace, 1998]. The NAM-associated zonally averaged zonal wind anomalies show a
north-south dipole structure centered on 40°-45°N; the zonally averaged tempera-
ture shows cold (warm) anomalies in the polar stratosphere and upper troposphere
at positive (negative) NAM-phase |Baldwin and Dunkerton, 1999; Thompson and
Wallace, 2000]. The NAM describes the strength of the polar vortex, which is a
large-scale cyclone near the winter pole that persists in the middle and upper tro-
posphere and in the stratosphere during the whole winter. Because of the enhanced
wave activities, caused by the winter hemispheric distribution of land masses, the
Arctic polar vortex is less pronounced and more variable than the Antarctic one.
During positive (negative) NAMI, the polar vortex is strong (weak) through conven-
tion, and the jet is shifted poleward (equatorward) |e.g. Limpasuvan and Hartmann,
1999|. The structure and the amplitude of the AM can be obtained from a model
run in climatological mode, indicating that it results from the internal atmospheric

dynamics |e.g. Limpasuvan and Hartmann, 1999].

1.5 The coupling between troposphere and middle
atmosphere

There are three modes of coupling between middle atmosphere and troposphere that
interact with each other: A radiative, a dynamical, and a chemical mode (Fig. 1.3).
This study concentrates on the dynamical mode with the focus on the impact of the

middle atmosphere on the troposphere.
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1.56.1 The chemical mode of coupling

The abundance and distribution of ozone, which is the major source of the diabatic
heating and causes the main temperature distribution in the middle atmosphere, is
determined by a large number of photochemically active species. These originate to

a large extent from the troposphere (e.g. oxygen, hydrogen, chlorine and bromine
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Figure 1.3: Schematic representation of the chemical, radiative and dynamical
modes of coupling between the middle atmosphere and troposphere and
their interactions with each other.

compounds).
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Troposphere and middle atmosphere are coupled chemically through the Stratosphere-
Troposphere Exchange (STE) of the photochemically active gases. The troposphere
impacts the middle atmosphere chemically by the Troposphere-to-Stratosphere Trans-
port of tropospheric gases (TST), while the middle atmosphere impacts the tropo-
sphere by the loss of chemical species through the Stratosphere-to-Troposphere-
Transport (STT). The global scale of STE is due to the Brewer-Dobson circulation
(Fig. 1.2). It transports the tropospheric air, which reaches the stratosphere by trop-
ical convection, into the winter hemisphere and pushes the stratospheric air through
the extratropical tropopause into the troposphere causing STT. At smaller scales
the STE is dominated by the synoptic scale eddy processes, which cause a three-
dimensional deformation of the tropopause associated with the so-called tropopause
folds |e.g. Danielsen et al., 1970| and filamentation |e.g. Appenzeller et al., 1996].
The STE can also occur by tropopause erosion through the mesoscale exchange in-
side convective systems |e.g. Rood et al., 1997| and so-called cut-off cyclones |e.g.
Gouget et al., 2000]. The distribution and formation of photochemical species and
ozone in the middle atmosphere is determined not only by STE (i.e. STT and TST)
but also by temperature-dependent chemical reactions and transport-processes oc-
curring in the middle atmosphere itself. Most of the tropospheric species that are
transported into the stratosphere by TST are the direct result of emissions at the

earth’s surface mainly by oceans, soils, biosphere and human activities.

1.56.2 The radiative mode of coupling

The troposphere can influence the thermal structure of the middle atmosphere ra-
diatively (Fig. 1.3) by infrared radiation originating in the troposphere and also by
the solar radiation backscattered from the surface and clouds. The middle atmo-
sphere, on the other hand, impacts the troposphere radiatively by the absorption
and thus the filtering of short wave radiation and the direct emission of infrared
radiation by various trace gases. The radiatively induced temperature is mainly
controlled by the abundance and distribution of ozone, which is determined by the

photochemically active species. The seasonal radiative heating is associated through
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the thermal wind balance with radiatively induced westerly and easterly jets in the
high latitude winter and summer stratosphere, respectively. In both hemispheres,

the radiatively induced jets are stronger than the observed jets, as described above.

1.56.3 The dynamical mode of coupling

1.5.3.1 The dynamical impact of the troposphere on the stratosphere

The troposphere affects the middle atmosphere dynamically in the high and middle
latitudes (Fig. 1.3) through planetary and gravity waves. Both waves propagate
upward and change the zonal flow in such a way that the Coriolis force response

results in the meridional residual circulation shown in Fig 1.2.

The upward propagation of the planetary waves |e.g. Charney and Drazin, 1961;
Matsuno, 1970] changes the zonal mean flow through eddy heat and momentum
fluxes. This results in a westward acceleration of the zonal mean flow as well as in
an eastward Coriolis force and thus in a poleward motion. The net result of these
changes are the Brewer-Dobson circulation and an adiabatic warming by downward
motion, which weakens the polar vortex and damps the strong radiatively induced
meridional temperature gradient and zonal flow. The planetary waves can be gen-
erated in the troposphere by land-sea heat contrasts and topography. They break
into the middle atmosphere, if the background wind is westerly but, weaker than a
threshold value, and the propagating waves have a large horizontal wavelength. This
so-called "Charney-Drazin criterion’ can occur in the Northern Hemisphere during
the boreal winter, when the stratospheric wind is westerly and the tropospheric

planetary wave activity is strong.

The wave driven Brewer-Dobson circulation transports the chemical species from
the tropical troposphere into the winter part of the middle atmosphere and then
downward into the lower stratosphere. This explains the enhanced spring ozone
concentration in the high latitude middle and lower stratosphere. It also explains the
extreme dryness of the stratosphere, since the tropospheric air is strongly dehydrated

in the extremely cold tropical tropopause before reaching the stratosphere.
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One of the most important stratospheric events is the major stratospheric warm-
ing, which is driven by planetary waves. This event occurs typically in the Northern
Hemisphere about every two years, when the wave breaking into the stratosphere is
large enough to drive a strong Brewer-Dobson circulation and thus a strong adia-
batic warming that reverses the stratospheric meridional temperature gradient and
the westerlies into easterlies. The major stratospheric warming was observed in the
Southern Hemisphere in the winter of 2002 for the first time [e.g. Orsolini et al.,
2005; Kriger et al., 2005].

The annual appearance of the Antarctic ozone hole in the last decades and its
virtual absence in the arctic is related to weaker orography-induced waves in the
Southern compared to the Northern Hemisphere. The reduced wave breaking in the
Antarctic stratosphere leads to a weaker Brewer-Dobson circulation and thus to less
adiabatic warming by downward motion and a stronger polar vortex. This favors
the colder antarctic temperatures, less ozone transport into the Antarctic and the
formation of the polar stratospheric clouds. The latter accelerate the conversion
of the anthropogenic bromine and chlorine from photochemically inactive to active
forms. The net effect is the formation of the Antarctic ozone hole in spring, when
the sunlight returns and bromine and chlorine catalyze photochemical reactions
that destroy the stratospheric ozone. During the transition from winter westerlies
to summer easterlies the polar vortex breaks up and the Antarctic ozone-poor air
is mixed with ozone-rich air from lower latitudes, which causes a ‘filling up‘ of the

ozone hole.

Not only the stationary waves are active in the middle atmosphere, but also the
transient growing waves, which are induced by baroclinic and barotropic instabilities
associated with the vertical and horizontal shear of the zonal flow, respectively. The
climatology of the zonal wind in the winter hemisphere is characterised by a strong
subtropical jet in the troposphere as well as strong westerlies in the mid latitude
stratosphere and mesosphere, with a maximum near the stratopause. This results
in a strong westerly wind shear and thus baroclinic instability in both stratosphere

and troposphere |e.g. Charney, 1947; Green, 1960; Hartmann, 1979; Strauss, 1981;
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Mechoso and Hartmann, 1982]. The strong tropospheric vertical wind shear is asso-
ciated with a shallow baroclinic mode called ’Charney mode’, which has the largest
amplitude in the troposphere and decreases strongly in the lower stratosphere. The
strong stratospheric westerly shear is associated with a deep baroclinic mode called
'Green Mode’, the amplitude of which shows a very rapid increase from the tropo-
sphere to the stratosphere. Tanaka and Tokinaga [2002] showed that the anomalous
strong high latitude stratospheric vortex is associated with a deep baroclinic mode
called 'monopole Charney mode’ (M;). The M;-mode extends from the troposphere
into the stratosphere and transfers the momentum poleward in such a way that the
stratospheric jet is strengthened. A positive feedback between polar vortex and M-
mode that contributes to the persistence of the strong polar vortex was proposed
by the same authors. The summer hemisphere is characterised by strong easterlies
throughout the mid latitude stratosphere and lower mesosphere, with a maximum
near the stratopause. This leads to negative (positive) wind shear and thus to re-
duced (enhanced) baroclinicity in the stratosphere (mesosphere). The inversion of
the stratospheric zonal wind and its vertical shear in the summer hemisphere and
during the sudden stratospheric warming (in the northern winter hemisphere) re-
sult in an absence of the baroclinic mode in the stratosphere |Zhang and Sasamori,
1985]. The strong westerly wind shear in the summer mesosphere results in enhanced

baroclinic wave activities |e.g. Rodgers and Prada, 1981; Plumb, 1983; Pfister, 1985|.

1.5.3.2 Gravity waves

Gravity waves can be generated by mountain barriers, deep convection, and shear
instability of the tropospheric jet. They break non-linearly towards the upper middle
atmosphere due to the exponential increase of their amplitude with altitude. They
tend to preserve their energy density during their upward propagation and become
dominant in the mesosphere. Several observational studies show that the major
stratospheric warming is associated with a compensating cooling in the mesosphere
le.g. Quiroz, 1969; Labitzke, 1972a;b; Hirota and Barnett, 1977|. The mesospheric
cooling has been attributed to the effect of the gravity wave drag |e.g. Lindzen, 1981;
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Matsuno, 1982; Holton, 1983]. Although the planetary waves are important for the
stratospheric temperature change, Holton [1983| showed that a realistic warming in
the polar upper stratosphere can be simulated by using only the gravity wave drag,
tuned to ensure a realistic mesosphere. Using observational data, Duck et al. [2001]
found high gravity wave activity in the vortex jet after late December, which was
related to a strengthening of the jet. Their calculations suggested that the drag
induced in late December drives a warming observed in the vortex core and weakens
the vortex-jet. They deduced a feedback mechanism between vortex-jet and gravity

waves that regulates the strength of the arctic stratospheric vortex.

1.5.3.3 The dynamical impact of the middle atmosphere on the troposphere

While the dynamical impact of the troposphere on the middle atmosphere through
planetary and gravity waves has been well accepted, there are still many debates
about the impact of the middle atmosphere on the troposphere. Many observational
and model studies show an impact of the stratosphere on the tropospheric circula-
tion. One of the first to present evidence of this was Quiroz [1977|, who showed
that a large increase of the tropospheric temperature was associated with the sud-
den stratospheric warming of 1976-1977. The downward propagation of the low
frequency signal of the zonally averaged zonal wind was shown e.g. by Kodera et al.
[1990|. Baldwin and Dunkerton |[1999| showed that the NAM anomalies first appear
in the stratosphere and then propagate downward into the troposphere on time
scales of few weeks. The tropospheric anomalies induced persist up to two months
after the extreme stratospheric circulation anomalies |e.g. Baldwin and Dunkerton,
2001|. Baldwin et al. [2003| used an empirical statistical model to demonstrate the
possibility of extended-range forecasts of the NAM at the surface (called Arctic
Oscillation, AO). They showed that the best extended-range prediction of the AO
occurs in winter using the lower stratospheric NAM as predictor. The low frequency
NAM at 150hPa accounted for 20% of the variance of the AO in the time lags of 10 to
40 days and was a better predictor of the AO than the AO itself. The stratospheric

influence on the troposphere was shown in both relatively simple models and more
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complex general circulation models [Boville, 1984; Christiansen, 2001; Polvani and

Kushner, 2002; Norton, 2003|.

Three different mechanisms have been proposed to explain the dynamical impact
of the stratosphere on the troposphere. The first mechanism is the direct influ-
ence on tropospheric wind and temperature of the stratospheric potential vorticity
change. Black |2002| used the quasi-geostrophic piecewise potential vorticity inver-
sion to show the forcing of tropospheric wind anomalies by localized stratospheric
potential vorticity anomalies. A strong stratospheric polar vortex is associated with
enhanced positive stratospheric potential vorticity anomalies, which cause both a
rise of the tropopause and stretching of the tropospheric column at the pole [e.g.
Ambaum and Hoskins, 2002| resulting in a lower pressure and an increase of the tro-
pospheric westerlies. This mechanism explains how tropospheric wind anomalies can
be generated by stratospheric potential vorticity anomalies. A strong polar vortex
is also associated with an enhanced anomalous equatorward propagation of tropo-
spheric planetary waves, which means less wave breaking in the stratospheric jet and
thus its strengthening [e.g. Ambaum and Hoskins, 2002]. An equivalent approach
to the non-local effect of the potential vorticity inversion is the 'downward control’
shown by Haynes et al. [1991] and Holton et al. [1995]. In this mechanism, the
meridional circulation is non-locally controlled by wave-induced forcing and short-
wave heating. At timescales greater than the radiative damping timescale of the
stratosphere (about 10 days), the wave-induced forcing becomes more important
than the short-wave heating, and the non-locally induced meridional circulation be-
comes deeper and narrower. The second proposed mechanism is the indirect effect of
the refraction index on the wave propagation. The change of the low stratospheric
polar vortex induces a change of the tropospheric vertical wind shear and of the
vertical and meridional wind curvature, and thus a change in wave refraction [Hart-
mann et al., 2000; Lorenz and Hartmann, 2003|. This affects both the tropospheric
and the stratospheric zonal wind. The third mechanism is the vertical reflection of
the Rossby waves in the upper stratosphere into the troposphere |e.g. Perlwitz and
Harnik, 2003; 2004]. Here a reflecting surface, which results from the vertical wind

curvature, is formed around 5hPa, if the polar night jet peaks.
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None of the proposed mechanisms include the impact of the upper stratosphere
and mesosphere. There is observational evidence of a compensating cooling in
the mesosphere during the sudden stratospheric warming [Quiroz, 1969; Labitzke,
1972a;b; Hirota and Barnett, 1977|, which has been attributed to the gravity wave
drag |[Lindzen, 1981; Matsuno, 1982; Holton, 1983|. The impact of such compensat-
ing mesospheric temperature changes on the stratosphere-troposphere coupling has

not yet been considered.
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2 The dynamics of the middle
atmosphere in MAECHAMS5

This chapter examines the accuracy of the MAECHAMS5 model used to understand
the dynamics of the coupling between troposphere and middle atmosphere. First,
the model is compared with observations and then the consistency of its dynamics
in the middle atmosphere is investigated. The focus is on the meridional residual

circulation and its forcing agents.

2.1 Model and observational data

2.1.1 Model

The following results are based on a 45-years simulation performed with the Mid-
dle Atmospheric version of the ECHAM5 general circulation model (MAECHAMS5)
coupled to an ocean mixed layer model. MAECHAMS is an atmospheric model de-
veloped to simulate the general circulation of troposphere, stratosphere, and lower
mesosphere. The vertical domain ranges from the surface to 0.01 hPa (about 80km)
and allows the investigation of the impacts of the evolution of the upper strato-
sphere and the lower mesosphere on the life cycle of the polar vortex. Differences
between the standard ECHAM5 and MAECHAMS5 include: The vertical resolution
and the location of the model top, the parameterization of the momentum flux due
to gravity waves, and a few modifications in the representation of the horizontal
diffusion. Both MAECHAM and ECHAM exist in two cycles, 4 and 5, respectively.
A detailed description of the ECHAM4 model is given by Roeckner et al. [1996]. A
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description as well as a climatology of ECHAMS5 are given by Roeckner et al. [2003]
and Roeckner et al. [2004]. A summary of the MAECHAM4 model parameteriza-
tions and the model structure is given by Manzini and McFarlane [1998]. We used

the model with a T42 horizontal resolution and 39 levels in the vertical.

The mixed layer (ML) ocean ice model has a 50m constant depth and a seasonally
varying Q-flux. The model heat budget is calculated separately for ice-free and
ice-covered regions. The distributions of ozone, well-mixed greenhouse gases, and
aerosols are prescribed from the climatology, and the solar effect is included only
in the seasonal time scales. In this way, several external natural and anthropogenic
forcings affecting the atmosphere on inter-annual and interdecadal time scales were

excluded.

2.1.2 Observational data (SPARC)

The MAECHAMS5-January climatology of the zonally averaged zonal wind and tem-
perature is validated using the ’Stratospheric Processes And their Role in Climate’
(SPARC) climatology (SPARC Report No.3). The temperature in the SPARC data
set is derived using the United Kingdom Meteorological Office’s (UKMO) analysis
over 1000-1.5hPa, combined with the 'Halogen Occultation Experiment’ (HALOE)
temperature between 50°S-50°N and over 1.5-0.0046hPa (about 85km). The meso-
spheric temperature poleward of 50°N and 50°S is derived from the Microwave
Limb Sounder (MLS) climatology. The UKMO analysis consists in a stratosphere-
troposphere version of the UK Meteorological Office data assimilation system |Swin-
bank and O’Neill, 1994| that has been used since October 1991 to produce daily
stratospheric data. The HALOE instrument on the Upper Atmosphere Research
Satellite (UARS) provides temperatures in the altitude range of about 45-85 km
| Russell et al., 1993; Hervig et al., 1996]. The MLS instrument is also set on UARS
| Fishbein et al., 1996]. The data are obtained from a retrieval described in Wu et al.
[2003|. The valid altitude range is 20-90 km, with large uncertainties at the two
ends. The monthly zonal wind climatology of the SPARC data (over 0-85 km) is
derived from the 'Reference Atmosphere Project” (URAP) |Swinbank and Ortland,
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2003], which is based primarily on UKMO, UARS and ’High Resolution Doppler
Imager’ (HRDI) [Hays et al., 2003] data. In order to provide smooth monthly esti-
mates, the harmonic analysis of the available time series over 1992-1997 was used,

including annual and semi-annual harmonic components.

2.2 The Transformed Eulerian Mean (TEM)
formulation of the momentum budget

The Transformed Eulerian Mean (TEM) formulation of the momentum and heat
budget |e.g. Andrews et al., 1987; Holton, 1992| provides all forcings driving the
change of the zonally averaged wind and temperature. The momentum budget
in the quasigeostrophic form of the TEM-formulation (equation 2.1) was used to
test the dynamics of MAECHAMS5 that maintains the wind climatology and drives
the residual meridional circulation and thus the temperature deviations from the
radiative equilibrium. Because of the small Rossby number, the quasigeostrophic
flow evolves slowly compared to the rotation period of the earth. In the quasi-
geostrophic approximation, the horizontal acceleration and advection are supposed
to be geostrophic, and the vertical advection is neglected. Near the strong jet the
three-dimensional wind becomes stronger, and the non-quasigeostrophic components

in the primitive equations become important.

= fo* +(acosp) 'V -F+ X (2.1)

N d & =a 2.2
vt =7— HTp an w_w+acos¢ osgb— (2.2)
F¢=—a cospu'v and Fp—afcos¢<ve—9> (2.3)

In these equations ¢, ¢, and p denote time, latitude, and pressure, and subscripts
denote derivations, respectively. The bars denote the zonal mean, the prime denotes
the deviation from the zonal mean. @ is the zonal mean of the zonal wind, T the

zonal mean of the temperature, and v* (@*) the horizontal (vertical) residual velocity.
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The vector F is the Eliassen-Palm-Flux (EP-flux), F* and F? the meridional and
vertical components of the EP-flux, f the Coriolis parameter, k- R/C, = 2/7. 0 is

the potential temperature and a is the earth’s radius.

The first term on the right side of equation (2.1) is the residual Coriolis forcing,
and the second term is the wave forcing. The residual Coriolis forcing strengthens
(weakens) the westerlies by poleward (equatorward) motion and the wave forcing
strengthens (weakens) the westerlies by the divergence (convergence) of the EP-flux.
The third term is the residual forcing, which was computed from zonal averaged
wind tendency, Coriolis forcing, wave forcing and advection terms |e.g. Andrews
et al., 1987; Holton, 1992]. In this way, the residual forcing includes all non-resolved
forcings such as gravity wave drag, forcing of non-quasigeostrophic EP-flux and fric-
tional forcing. The orographic gravity wave drag in MAECHAMS5 is parameterized
using Lott and Miller [1997], as in ECHAMS5. Unlike ECHAMS5, MAECHAM)5 ad-
ditionally includes the parameterization of the momentum flux deposition from the
spectrum of non-orographic gravity waves |Hines, 1997b;a]. Both orographic and
non-orographic gravity wave drag depend on the vertical structure of the background

wind. The frictional forcing is important near the surface.

2.3 The structure of the zonally averaged zonal
wind and temperature

Fig. 2.1 shows the radiatively induced temperature in the middle atmosphere in mid-
January from a radiative-convective-photochemical model |Fels, 1985]. Fig. 2.2a(1)
(2.2b(1)) shows the January climatology of the zonally averaged temperature (zonal
wind) from the MAECHAMS5 simulation, and Fig. 2.2a(2) (2.2b(2)) shows the
corresponding SPARC observational data.

The radiatively determined temperature of the middle atmosphere in Fig. 2.1 is
caused only by the imbalance between infrared radiative cooling (due to emissions
by the middle atmospheric gases) and short-wave radiative heating (due to the

absorption of the solar ultraviolet (UV) radiation by ozone). This temperature

18



2.3 The structure of the zonally averaged zonal wind and temperature

shows a strong seasonal dependence, with maximum heating in the summer pole
(due mainly to the absorption of the solar radiation by ozone) and maximum cooling
in the winter pole (due mainly to the longwave emission by the middle atmospheric
gases including ozone). The structure of the radiatively determined temperature

shows an almost uniform decrease from the summer to the winter pole.

P (mb)

STANDARD HEIGHT (m)

Figure 2.1: The radiatively determined temperature in mid-January from a
radiative-convective-photochemical model that was driven by the annual
cycle. The tropospheric lapse rate was set to 6.5 °/K/km. The cloudiness
and ozone below 25 km were prescribed at the annual mean values. The
ozone above 25 km was computed by a detailed photochemical model.
Figure taken from Fels [1985|.

Although the temperature and wind structures in the MAECHAMS5 simulation
and observational data are quite similar in most regions, there are some differences,
especially in the uppermost model levels where the nudging is strong and the ver-
tical resolution is low. In several regions, the temperature in both MAECHAMS

and observational data differs strongly from that in Fig. 2.1. The reversed temper-
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ature gradient near the summer and winter poles between upper stratosphere and
mesosphere can be seen only in the observations and MAECHAMS5 and can thus
be attributed to dynamical and not radiative processes. The middle atmosphere
near the summer pole is much colder and near the winter pole much warmer than
the radiative equilibrium. Large differences from the radiative equilibrium can also
be seen in the equatorial stratosphere, with much warmer temperatures than the
radiatively determined on . The dynamics damp hence the radiatively determined

temperature gradient and thus the zonal flow.

The structure of the zonally averaged zonal wind simulated by MAECHAMS is
quite similar to that observed. It shows a strong easterly (westerly) jet in the
summer (winter) hemisphere near the stratopause that results from the prevailing
temperature structures by thermal wind balance. Westerly subtropical jets are seen

in both the summer and winter troposphere and are comparable in both location

and strength in the MAECHAMYS5 and observational data.

In summary, much colder (warmer) temperatures are present in the summer (win-
ter) pole than expected from radiative equilibrium throughout the middle atmo-
sphere. In the equatorial stratosphere, the temperatures are also lower than the
radiative equilibrium, and the zonal flow is in thermal wind balance with the tem-

perature in both data sets.

2.4 The structure of the meridional residual
circulation in MAECHAMS5

Fig. 2.3a shows the January climatology of the meridional residual circulation from
the MAECHAMS5-simulation. Fig. 2.3b shows the net adiabatic temperature change
associated with the vertical motion. The MAECHAMb5-model reproduces the most
important features of the middle atmospheric meridional residual circulation except
for the uppermost model levels. It shows the lower part of the Murgatroyd-Singleton
circulation |Murgatroyd and Singleton, 1961; Dunkerton, 1978|, which is character-

ized by one global cell-structure between the upper stratosphere and mesosphere
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a) Zonally averaged temperature in MAECHAMS5 (1) and SPARC-Data (2)

(2) Zonal mean of temperature (SPARC)
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b) Zonally averaged zonal wind in MAECHAMS5 (1) and SPARC-Data (2)
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Figure 2.2: a(1) and a(2) represent the January climatology of the zonally averaged
temperature in MAECHAMYS5 and SPARC-data, respectively. The con-
tour interval is 10 °K (to allow comparison with Fig. 2.1). Dark grey
(no) shading indicates positive (negative) temperature values in °C'. b(1)
and b(2) represent the January climatology of the zonally averaged zonal
wind in MAECHAMb5 and SPARC-data, respectively. The contour in-
terval is 10 m/s for values above (below) 10 (-10) m/s, and 2 m/s for
values between -10 and 10 (m/s)/day. Dark grey (no) shading indicates
positive (negative) wind values.
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showing an upward motion in the summer hemisphere, a meridional motion from
the summer into the winter pole across the equator and downward motion in the

high latitudes of the winter hemisphere.

The model also reproduces the Brewer-Dobson circulation, which is characterised
by a quasi-symmetric two-cell circulation structure showing a rising of equatorial
air into the lower and middle stratosphere, a poleward transport of this air and a
subsidence near both poles. The winter hemispheric branch of the Brewer-Dobson

circulation is much deeper and stronger than the summer hemispheric part.

The structure of the meridional residual circulation in the troposphere is charac-
terised by a quasi symmetric four-cell structure showing two cells in each hemisphere.
The tropospheric cells in the winter hemisphere are much stronger and deeper than

in the summer hemisphere.

The deep convection in the equatorial troposphere joins the upward branch of
the Brewer-Dobson circulation. The latter transports the tropospheric air fur-
ther into the winter pole and then down into the troposphere across the high lat-
itude tropopause. The stratospheric residual circulation is thus associated with
Troposphere-Stratosphere-Transport (TST) in the equatorial region and Stratosphere-
Troposphere-Transport (STT) in the high latitudes. Hence, it induces Troposphere-
Stratosphere-Exchange (TSE) and mixing on a global scale. TSE and mixing of tro-
pospheric and stratospheric air masses can also occur on regional scales, especially
by synoptic weather patterns that are associated with the tropospheric Rossby wave
activity [Holton et al., 1995] and the coexistence of surface cold and warm fronts
centered at low pressure. The cold front is associated with an equatorward motion
near the surface, which advects cold polar air southwards and is compensated by
poleward motion near the tropopause. This poleward motion leads to an intrusion of
ozone-poor tropospheric air from the upper troposphere into the lowermost strato-
sphere and thus to TST. The warm front, on the other hand, is associated with
a poleward motion near the surface, which advects warm equatorial air poleward
and is compensated by an equatorward motion near the tropopause. This leads

to an intrusion of the ozone-rich stratospheric air from the lowermost stratosphere
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2.4 The structure of the meridional residual circulation in MAECHAMS

a) Meridional residual circulation (January)
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Figure 2.3: (a) January MAECHAMS5-climatology of the meridional residual circu-
lation in stream representation. The residual circulation was computed
in pressure coordinates. The vertical residual velocity was scaled by the
density and then multiplied by —1. b) Adiabatic temperature change by
vertical motion. The contour interval is 5 (°K/s)/day for values above
(below) 10 (-10) (°K/s)/day, and 2 (°K/s)/day for values between -10
and 10 (°K/s)/day. Dark (light) grey shading indicates values greater
(smaller) than 0.5 (-0.5) (°K/s)/day.

23



2 The dynamics of the middle atmosphere in MAECHAMS5

into the upper troposphere and thus to STT. The TSE by synoptic waves is known
as 'tropopause folds’, since the tropopause is destroyed by the associated mixing

processes.

The role of the middle atmospheric circulation (i.e. dynamics) can be seen in
Fig. 2.3b, which shows the adiabatic temperature change by vertical motion. As ex-
pected, the upward motion in the summer stratosphere and mesosphere is associated
with an adiabatic cooling that damps the radiative heating due to the absorption
of solar radiation by ozone. The downward motion in the winter troposphere and
stratosphere is associated with an adiabatic warming that damps the radiative cool-
ing due to the emission of infrared radiation by atmospheric gases. The tropical
deep convection between troposphere and lower stratosphere is associated with a
strong adiabatic cooling that compensates the strong latent heat release. The up-
welling in the Tropical-Tropopause-Layer (TTL) leads, depending on the strength of
tropical convection and Brewer-Dobson circulation, to extremely low temperatures

enhancing the dehydratation of air and explaining the dryness of the TTL.

2.5 The forcings driving MAECHAMS5 meridional
residual circulation

The quasigeostrophic TEM formulation of the momentum budget provides the most
important forcings that drive the global meridional residual circulation. The merid-
ional residual Coriolis forcing responds to the wave and residual forcing so that the
momentum remains conserved (Equation 2.1). The response of the Coriolis forcing
results in a meridional movement and thus, by continuity, in vertical motion; these

too together determine the structure of the meridional residual circulation.

Fig. 2.4 shows the January climatologies of the planetary wave (Fig. 2.4(1)),
residual (Fig. 2.4(2)) and residual Coriolis (Fig. 2.4(3)) forcing. Fig. 2.4(4) shows
the EP-flux vector in stream representation and as vector. The residual forcing
includes frictional, gravity and non-quasigeostrophic wave forcing. While the fric-

tional forcing is important near the surface, gravity and non-quasigeostrophic wave
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2.5 The forcings driving MAECHAMS5 meridional residual circulation

forcing are important in the free atmosphere.

The middle atmospheric planetary wave forcing is strong and decelerates the west-
erlies only in the high latitude winter hemisphere (Fig. 2.4(1)). In this region the
wave activity, as shown by the EP-flux (Fig. 2.4(4)), is enhanced. The upward ver-
tical component of the EP-flux is associated with an equatorward eddy-transport
of the westerly momentum. The poleward meridional component of the EP-flux is
associated with a poleward eddy heat transport (equation 2.3). The net effect is
the deceleration of the westerlies by planetary wave forcing as shown in Fig 2.4(1).
This result is consistent with the ’Charney-Drazin criterion’, in which the planetary
waves break into the middle atmosphere and change the zonal flow there, if the
background stratospheric wind is westerly. As shown in Fig. 2.2, this condition
occurs only in the winter hemisphere. The enhanced easterly planetary wave forcing
in the lower and middle winter-stratosphere is associated with a westerly residual
Coriolis forcing in such a way that the momentum remains conserved. The westerly
Coriolis drag in turn induces a meridional motion from the equator into the winter

pole and thus, by continuity, the Brewer-Dobson circulation shown in Fig. 2.3.

The residual forcing between upper stratosphere and lower mesosphere (Fig. 2.4(2))
is due mainly to the non-orographic gravity wave drag |Fig. 2.5, computed after
Hines, 1997bsal. It is similar to the structure shown by Holton [1983|, which is
characterised by an enhanced negative drag in the winter and a positive drag in the
summer hemisphere, showing the strongest values in the uppermost mesosphere.
The effect and structure of the gravity wave drag in the middle atmosphere can be
understood with the help of the basic gravity wave parameterization by Lindzen
[1981]. According to this parameterization, the gravity wave drag is proportional to
(— (u—c)+ 3H(’ZL)Z); where c¢ is the phase velocity. In the mesosphere and upper
stratosphere, the gravity waves with westerly (easterly) phase speed are absorbed
in the regions with westerly (easterly) background wind. In this way almost only
gravity waves with easterly (westerly) phase speed break into the winter (summer)
mesosphere and upper stratosphere. The gravity wave drag thus depends on phase

speed, strength, and vertical structure of the background zonal flow. The strong
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2 The dynamics of the middle atmosphere in MAECHAMS5
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Figure 2.4: The January climatology of (1) planetary wave forcing, (2) residual forc-
ing, and (3) residual Coriolis forcing in MAECHAMS5. The forcing in-
terval is 10 (m/s)/day for values above (below) 10 (-10) (m/s)/day, and
2 (m/s)/day for values between -10 and 10 (m/s)/day. Light (dark)
shading indicates values less (greater) than —0.5 (+0.5) (m/s)/day . (4)
shows the EP-flux vector in both stream and vector representations.
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Figure 2.5: The January climatology of the non-orographic gravity wave drag |after
Hines parameterization, 1997a;b] in MAECHAMb5. The forcing inter-
val is 10 (m/s)/day for values above (below) 10 (-10) (m/s)/day, and
2 (m/s)/day for values between -10 and 10 (m/s)/day. Light (dark)
shading indicates values less (greater) than —0.5 (+0.5) (m/s)/day.
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2 The dynamics of the middle atmosphere in MAECHAMS5

westerlies and the negative wind shear above the stratospheric jet in the winter
hemisphere (Fig 2.2) are associated with enhanced negative wave drag in the meso-
sphere and upper stratosphere by both the first (—) and third (SH(&)Z) terms of
Lindzen’s parameterization. Since the gravity waves with westerly phase speed are
filtered and those with easterly phase speed break into the winter mesosphere and
upper stratosphere, the phase speed term (c) is also associated with a negative grav-
ity wave drag. This explains the enhanced negative residual forcing that weakens
the strong radiatively induced westerlies. A strong positive Coriolis drag is induced
in the winter mesosphere and upper stratosphere in such a way that both stationary
and gravity wave drag are balanced. The strong positive Coriolis forcing is in turn
associated with an enhanced meridional motion into the winter pole, which leads,
by continuity, to downward motion in the polar mesosphere and upper stratosphere.
This explains the winter hemispheric branch of the Murgatroyd-Singleton residual
circulation. The net effect is an adiabatic warming by downward motion that coun-
teracts the radiatively induced cooling near the winter pole. The contribution of the
residual forcing by the gravity wave drag to the winter branch of the Murgatroyd-
Singleton residual circulation and to the resulting adiabatic warming is much larger
than that of the stationary waves. This contribution shows the importance of the
gravity wave drag in the upper stratosphere, and it is consistent with Holton [1983|,
who showed that a realistic warming in the polar upper stratosphere can be simu-

lated by using only gravity wave drag, tuned to ensure a realistic mesosphere.

The strong easterlies and the resulting positive wind shear above the summer
stratospheric jet (Fig. 2.2) are associated with an enhanced positive gravity wave
drag. Since the gravity waves with easterly phase speed are filtered and those with
westerly phase speed break into the summer mesosphere and upper stratosphere, the
phase speed term is also associated with positive gravity wave drag. This explains
the enhanced positive residual forcing in the summer mesosphere and upper strato-
sphere (Fig. 2.4(2)), which weakens the strong radiatively induced easterlies and
drives a strong negative Coriolis drag (Fig. 4.2(3)). The easterly Coriolis drag is
in turn associated with an equatorward motion near the summer pole, which leads,

by continuity, to upward motion in the polar mesosphere and upper stratosphere.
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2.5 The forcings driving MAECHAMS5 meridional residual circulation

This explains the summer hemispheric branch of the Murgatroyd-Singleton residual
circulation. The net effect is an adiabatic cooling by upward motion that weakens
the radiatively induced warming near the summer pole. The residual forcing be-
tween the troposphere and stratosphere can be explained by other effects such as
the non-quasigeostrophic component of the EP-flux and the orographic gravity wave
drag, which also depends on the vertical structure of the background wind above

the wave source [Lott and Miller, 1997].

In summary, the dynamics that maintains the middle atmospheric circulation in
MAECHAMS is consistent with previous studies. In accordance with the Charney-
Drazin criterion, the planetary waves propagate up- and poleward in the winter
hemisphere into the high latitude middle atmosphere and decelerate the strong
radiatively induced westerlies. This results in a poleward motion and drives the
Brewer-Dobson circulation. Both planetary waves and residual forcing contribute
to the winter part of the Murgatroyd-Singleton residual circulation. The strong
residual forcing in the winter mesosphere and upper stratosphere can be explained
by the gravity wave drag, which contributes much more to the Murgatroyd-Singleton
circulation than the planetary wave drag. The summer branch of the Murgatroyd-
Singleton residual circulation is induced exclusively by the residual forcing, which

can be explained mainly by the gravity wave drag.
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3 The leading statistical modes in
the Northern Hemisphere

In this chapter the three-dimensional structure of the leading modes of the intrasea-
sonal variability and covariability in the stratosphere/troposphere coupled system
will be examined. The focus is on the winter season, where the coupling between
troposphere and stratosphere through enhanced wave activity is strong. The dom-
inant time scales of the leading mode of the intraseasonal variability will also be

investigated.

3.1 Methods

First, the statistical methods used in this study are described. Additionally, a list of
references for detailed descriptions and applications of these methods is given. More
detailed descriptions of the multivariate methods used can be found in von Storch

and Zwiers |1999| and von Storch and Navarra [1995].

3.1.1 Empirical Orthogonal Function (EOF) analysis

The EOF analysis, also known as Principal Component Analysis (PCA), is one of
the multivariate techniques most often used. It provides a compact description of
the spatial structures in terms of orthogonal function or spatial modes. In general,
most of the variance of multivariate time series can be explained by the first few
EOFs. EOF analysis is used here to find the dominant mode of geopotential height
variability north of 20°N, known as the Northern Annular Mode (NAM). EOF anal-
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3 The leading statistical modes in the Northern Hemisphere

ysis can also be used to reduce the spatial degrees of freedom of multivariate time
series. It was first introduced in fluid dynamics by Lorenz [1957|, and has been
widely applied in climate research. The input of the EOF-analysis are the realiza-
tions )?t at different times ¢t = 1, 2...., N of the M-dimensional random vector X (in
our case M represents the number of grid points). The realizations X, of field X

are represented by the N x M matrix

—t: time

T1,1 T1,2 . T1,N
X=X |X5]... | Xy) = T21 T2 c TN L U2 locations (3.1)
TyMm1 Tpm2 . TM,N

having the vectors Xt in its rows. The EOF analysis yields at each mode k the
eigenvalues \; and eigenvectors pj, of the covariance matrix Rxx of X. The time
coefficients a(t) are obtained by projecting the original data on the pj. The eigen-
vectors py, are called EOFs, and the time coefficients are called Principal Components

(PCs). The eigenvalue \; measures the amount of variance explained by mode k.

3.1.2 Singular Value Decomposition (SVD)

Singular Value Decomposition, also called Maximum Covariance Analysis (MCA),
was developed to investigate the covariability of two multivariate fields. It has been
also widely used in climate research |e.g. Wallace et al., 1992; Bretherton et al.,
1992]. This technique maximizes the covariance between two input fields, and it was
used here to investigate the coupling between troposphere and stratosphere. The
input files of the SVD-analysis are the realizations )Zt and 3_/; of the M-dimensional
random vectors X and Y at times t = 1,2...., N. For each mode k, the output of
this method is: The left and right vectors g and p}, the singular value 7, and
the left and right coefficients a; (t) and a) (t). The left and right vectors and the

singular values are computed from the left and right singular vectors and from the
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3.1 Methods

singular values using the SVD decomposition of the cross covariance matrix Ryy
between X and }7, respectively. The singular value v, measures the amount of the
explained squared covariance between the two input fields. The pattern g of vector
X can be interpreted as the structure of field X that is maximally coupled to 37';
the patterns p} of vector Y can be interpreted as the structure of field Y that is
maximally coupled to X. The strength of the coupling between the two fields X

and Y is given by the correlation between the time coefficients a2 (t) and a¥ (¢).

3.1.3 Wavelet analysis

Wavelet analysis is a two-dimensional time-frequency spectral analysis. Compared
to classical spectral analysis, which computes the spectrum as a function of frequency
only, wavelet analysis enables the investigation of the local power as a function of
both time and frequency (or period). This analysis can thus detect the time evolution
of the local power at each frequency and hence the non-stationary behavior of a time
series. Several geophysical studies deal with the application of wavelet analysis |e.g.
Wang and Wang, 1996; Lau and Weng, 1995; Torrence and Compo, 1998|. The
local power [W,|* at the time scale a and time b (displacement) is the square of the
magnitude of the complex function W, defined as convolution of the time series x;

with the wavelet 1 :

Y t—b
Wab — thd}* (T) t:17"7N7
t=1

where * describes the complex conjugate. The time scale a describes the period
of the oscillation. Here the so-called Morlet wavelet is used, which is sinusoidal of
period a and modulated by a Gaussian function. The latter enables the localization

of the local power.
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3 The leading statistical modes in the Northern Hemisphere

3.2 The leading modes of the intraseasonal
variability

3.2.1 The Northern Annular Mode (NAM)

An EOF analysis of the monthly geopotential height anomalies north of 20°N in win-
ter (JFM) was performed at different levels between troposphere and stratosphere.
The data were weighted using the square of the cosine of the latitude before com-
puting the EOFs. All monthly anomalies were obtained by removing the monthly
climatology. The first EOF-mode at each level describes the Northern Annular Mode
(NAM) of this level. The daily NAM-index at each level is computed by projecting
the daily geopotential height anomalies on the corresponding NAM pattern. All
daily anomalies used in this thesis were obtained by removing the climatology of

30-day low pass filtered data from the daily data.

The vertical profiles of the variances explained by the first four EOF-modes are
shown in Fig. 3.1. Fig. 3.2 shows the NAM pattern at different levels. About 37%
of the entire variance is explained by the first EOF mode at the surface. This value
decreases to the minimum of about 29% in the middle troposphere and increases

strongly with height to about 77% in the middle stratosphere.

The second EOF mode explains about 11% of the variance at the surface. This
value remains almost constant in the whole troposphere, decreases slightly with
height to about 8% at the lowermost stratosphere, and increases again to about
14% at 1hPa. The third EOF mode explains about 10% of the variance at the
surface and has a similar vertical structure as the second EOF mode. The fourth
mode is important only in the lower troposphere, with an explained variance of 8%

at the surface.

The first EOF-mode of the geopotential height north of 20°N, which represents
the NAM, explains the most variance in both troposphere and stratosphere and is
thus the most important Northern Hemispheric mode. This mode explains much

more variance in the stratosphere than in the troposphere.
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Figure 3.1: Vertical profiles of the explained variance by the first (red), second
(black), third (green), and fourth (blue) EOF-modes of the geopoten-
tial height north of 20°/V.

The vertical and horizontal structure of the NAM-patterns (Fig 3.2) are quite
similar to the observational patterns shown by Thompson and Wallace [1998; 2000]
and Baldwin and Dunkerton [1999]. The NAM-pattern is almost barotropic and
zonally symmetric. It is characterized by a meridional dipole in the geopotential
height, with opposite polarity over the Arctic and the midlatitudes. By conven-
tion, the positive pole is taken over the Arctic so that a positive NAMI describes
strong westerlies. While the strong NAM-anomalies show a localized structure in

the troposphere, the NAM-anomalies in the stratosphere are more annular.

Since the vertical and horizontal structure of the NAM are obtained from a gen-
eral circulation model coupled to an ocean mixed layer model without any exter-
nal forcing, the NAM results from the internal dynamics of the coupled system
atmosphere-ocean. However, the NAM may be strongly influenced by both external
and internal forcings, like Quasi Biannual Oscillation (QBO), solar cycle, volcano

eruptions, and ENSO. The strong sensitivity of the middle atmosphere to the dif-
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1hPa 2hPa

10hPa 50hPa 100hPa

300hPa 500hPa 1000hPa

Figure 3.2: Vertical structure of the NAM (in m), which is the leading mode of the
geopotential height north of 20°/N. Shading indicates positive anomalies.

The structures are given at 1, 2, 5, 10, 50, 100, 300, 500; and 1000hPa
levels.
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3.2 The leading modes of the intraseasonal variability

ferent forcings, the non-linear nature of the atmospheric dynamics, and the lack of
long-term measurements make the understanding of the effect of individual external
forcings very difficult. The ENSO impact on the NAO and Europe was studied e.g.
by Bronnimann et al. [2004], Bronnimann [2006], and Brénnimann et al. [2007]. The
tropical-extratropical interaction through the QBO-vortex connection was investi-
gated e.g. by Holton and Tan [1980]. In both cases a change in wave propagation
and thus in the Brewer-Dobson circulation, which eventually leads to a change in the
stratospheric NAM, seems to be important. The latter change can then propagate

downward and impact the troposphere over both Pacific and Atlantic sectors.

3.2.2 The dominant time scales of the intraseasonal NAM
variability

Fig. 3.3 shows the local wavelet power of the daily NAMI at 1000, 200 and 10hPa
for winter. The local wavelet power was first computed for each winter and then
averaged over all winter seasons. The NAM at 10hPa is dominated by low frequency
variability (period above 40 days) over the whole winter season. Singular Spectrum
Analysis (SSA) shows that the low frequency time scales explain about 92% of the
winter variance at 10hPa. The stratospheric wavelet power shows also considerable
variability at quasistationary time scales (periods between 15 and 40 days). The
dominance of low frequency time scales in the stratosphere reflects the large-scale
and hemispheric structure of stratospheric circulation and its variability . The low
frequency power spectrum is much smaller in the troposphere. The low frequency
variability of the NAMI at 1000hPa peaks in January and February, when the cou-
pling between troposphere and stratosphere through planetary wave propagation is
strong. The local wavelet power at the quasistationary and synoptical time scales
(periods less than 15 days) is much higher in the troposphere than in the strato-
sphere. An SSA-analysis (not shown) shows that the quasistationary and synoptical
time scales together explain about 34% of the winter variability at 1000hPa, as op-
posed to about 8% at 10hPa. This reflects the smaller scales and the much more

localized structures of tropospheric circulation and its variability as compared to
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a) The winter local wavelet power at 10hPa and 200hPa
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b) The winter local wavelet power at 1000hPa
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Figure 3.3: The winter (NOV-APR) average of the local wavelet power of the NAMI
at 10 and 200hPa (a) and at 1000hPa (b). The bold dashed line is the
cone of influence within which the side effect becomes important.
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the large-scale and much hemispheric structures in the stratosphere.

3.3 The leading modes of the
troposphere /stratosphere covariability

An SVD analysis was performed north of 20°N between the geopotential height at
34 levels located between 1000 and 1hPa, and that at the 10hPa-level. This yields

for each mode 34 left vectors (coefficients) and 34 right vectors (coefficients). Fig.
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Figure 3.4: The vertical profile of the explained squered covariance by the first
(black) and second (green) modes of SVD between 10hPa and the 34
levels taken between 1000hPa and 1hPa. The vertical profile of the cor-
relation between the right and left coefficients of the first SVD-modes is

plotted in red.

3.4 shows the vertical structure of amounts of squared covariances between 10hPa
and the other 34 levels explained by the first and second mode, and the correlation
between the left and right coefficients of the first mode. The explained squared
covariance amounts to about 92% in the middle troposphere and to about 98%

in the whole stratosphere. The correlation between the left and right coefficients
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3 The leading statistical modes in the Northern Hemisphere

is above 0.5 at all lower tropospheric levels and increases strongly in the upper
troposphere (to about 0.77). In the stratosphere, the correlation increases from
about 0.8 at 150hPa to 1 at 10hPa and decreases again to about 0.8 at 1ThPa. The
enhanced correlation between the first mode left coefficients in the troposphere and
the first mode right coefficients at 10hPa indicates, together with the high fraction
of the explained squared covariance by this mode, a strong coupling between the
troposphere and stratosphere. This coupling is explained almost completely by the
first SVD mode.

Fig. 3.5 shows the left vectors at the same levels as those shown in Fig. 3.2.
All 34 right vectors (not shown) strongly resemble the NAM pattern at the 10hPa
level shown in Fig. 3.2. As we can see, all left vectors are very similar to the
corresponding NAM-patterns. An SVD-analysis between the same 34 levels and the
1000hPa level (not shown) yields the NAM patterns as left vectors and the NAM
pattern of the 1000hPa level as right vectors. Thus, the tropospheric NAM-patterns
can be interpreted as the patterns that are maximally correlated with those in the

stratosphere.

In summary, the three-dimensional structure of the NAM in MAECHAMS is quite
similar to that observed. The NAM is much more important in the stratosphere
than in the troposphere. The stratospheric NAM variability is dominated by low
frequency time scales and reflects the large-scale and hemispheric structure of the
stratospheric circulation. The synoptical and quasistationary time scales are much
more important in the troposphere. This reflects the relatively small-scale and local
structure of the tropospheric circulation. The stratosphere and troposphere are

strongly coupled by their corresponding NAM-patterns.
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Figure 3.5: The left vectors of the first SVD-mode (in m). These vectors repre-
sent the geopotential patterns at 1, 2, 5, 10, 50, 100, 300, 500, and
1000hPa that are maximally correlated with the 10hPa-geopotential
height through the first SVD-mode. Shading indicates positive geopo-
tential anomalies.
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4 The coupled system
stratosphere/troposphere at
strong polar vortex

In this chapter, the dynamics of the coupling between troposphere and stratosphere
during a strong stratospheric Northern Annular Mode (in the following: ’strato-
spheric mode’) is investigated. The focus will be on the mechanisms driving the
pattern and downward propagation of the NAM-anomalies and on the processes

controlling the different phases of the life cycle of the polar vortex.

4.1 Methods and theoretical background

4.1.1 Composite analysis

The input in composite analysis are univariate time series x; and the realization
X, (t =1,..,N) of a random vector X. This method is based on averaging a
subset IC of patterns from the multivariate field )Z't that meet certain conditions.
The conditions used to form the subset K are computed using the time series x;. In
this study, all events with z; > 20, and x; < —20, were taken to build the subsets
K and K, for high and low index phases, respectively. Thereby z; is the anomaly
time series and o, is the standard deviation of x;. The high composite pattern was

defined as:
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PRETE o5

tely

and the low composite pattern as:

%o-t YA
tekr,

where Ky and K, are the number of patterns in the subsets g and K, respectively.
The significance of the composite was tested by performing a multivariate Student’s
t-test of the difference )ZH—)ZL. Here the difference between high and low composite
will be denoted by H — L. In contrast to the 'associated pattern’ approach, which is
based on the correlation and/or regression patterns and thus on linear assumption
between )Zt and x;, composite analysis is a non-parametric approach, which means
that no assumption about a relationship between )Z't and z; is made. Composite
analysis can thus capture even non-linear relationships |e.g. Hoerling et al., 1997].
Most of the results in this study are based on the lag composite analysis using the
winter NAMI at 50hPa. The NAMI was computed by projecting the daily anomalies
of the geopotential height at 50hPA on the NAM pattern at the same level (Fig.
3.2). All anomalies were obtained by removing the climatology of 30-day low pass
filtered data from the daily data. Anomalies from 60 days before to 60 days after
the NAMI peak were also computed.

4.1.2 Dynamical background

The dynamics of the wind and temperature anomalies during strong NAM-phase
were investigated by diagnosing the anomalous residual circulation and EP-flux vec-
tors (equation 2.2 and 2.3), the Transformed Eulerian Mean (TEM) formulation of
the momentum budget in pressure coordinates (equation 2.1), and the anomalies of
the terms of the refraction index depending on the spatial structure of the zonally

averaged zonal wind (equations 4.1 and 4.2) |Matsuno, 1970; Limpasuvan and Hart-
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4.1 Methods and theoretical background

mann, 2000; Lorenz and Hartmann, 2003]. Waves are refracted from regions with a
low to regions with a high refraction index. In equations 4.1 and 4.2, z denotes the
log pressure coordinate, ¢ denotes the potential vorticity and k is the wave number.
N2 is the buoyancy frequency, H the scale height (ca.7km) and €2 the earth’s angular
frequency. All notations and non-described parameters in 4.1 and 4.2 are similar to

those of equations 2.1, 2.2, and 2.3.

The first term on the right of equation 4.1 is proportional to the meridional
potential vorticity gradient. It represents the contribution of the planetary effect
(first term of 4.2), the effect of meridional (second term) and vertical wind curvature
(fourth term), and the effect of vertical wind shear (third term). The strengthening
of the polar jet leads to a decrease in the refraction index through the planetary term.
If we neglect the change of stability (N?), high positive vertical and meridional wind
curvatures cause a negative refraction index, while a high positive vertical wind shear
leads to a positive refraction index. The anomalies of the refraction index depend
only on the terms that contain the zonal wind. The division by very small zonal
flow in 4.1 makes the result very noisy. To avoid this problem, it was divided by the

60 days running mean of the zonally averaged zonal wind.

2 g k i f i
= (¢) - (m) (4.1)
q—d):?(:osgb_é <%)¢+1{[—Zﬂz <(IDN2)Z+%) _]‘/\:[_Zrazz (42)

According to Ambaum and Hoskins [2002|, the downward propagation of strato-
spheric wind anomalies into the troposphere results from the change of the tropopause
height and thus from the stretching of the stratospheric column. The contraction
(stretching) of the stratosphere can lead to a stretching (contraction) of both tropo-
sphere and mesosphere and thus to temperature, pressure and wind changes through
the resulting vertical motion there. Understanding the processes that drive the
stretching of an atmospheric layer will help to understand not only the troposphere-

stratosphere, but also the stratosphere-mesosphere coupling. The stretching and
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4 The coupled system stratosphere/troposphere at strong polar vortex

contraction of an atmospheric layer can be described by the stretching vorticity
gs, the zonal mean of which (in log-pressure coordinates) is defined as follows [e.g.

Andrews et al., 1987; Holton, 1992]:

%= % (45 (@))Z . (4.3)

In this equation pg is the background air density. Using the hydrostatic equation
(®. = £T) we get:

T = [j:z_fl (%T)Z . (4.4)

The vertical integration between the top and the bottom of an atmospheric layer

((x) = ;;p xdz) and the time derivation of (4.4) lead to:
—\ JoR Po P0 +
<QS>t = /JO—H <<ﬁTt> (top) <mTt) (bot)) . (4.5)

For small diabatic heating we get thus a contraction of an atmospheric layer

({@<); > 0) by:
e la) adiabatic warming by downward motion at the top and adiabatic cooling
by upward motion at the bottom

e 1b) strong adiabatic warming by downward motion at the top and small adi-

abatic cooling by upward motion or no temperature change at the bottom
e 1c) small adiabatic warming by downward motion or no temperature change
at the top and strong adiabatic cooling by upward motion at the bottom
The stretching of an atmospheric layer ((g;), < 0) can be caused by:
e 1a’) adiabatic cooling by upward motion at the top and adiabatic warming by
downward motion at the bottom

e 1b’) strong adiabatic cooling by upward motion at the top and small adiabatic

warming by downward motion or no temperature change at the bottom
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4.1 Methods and theoretical background

e 1c¢’) small adiabatic cooling by upward motion or no temperature change at

the top and strong adiabatic warming by downward motion at the bottom

Using some basic equations in the quasigeostrophic formulation (see Appendix A),
we can derive the following tendency equation for the zonally averaged stretching

vorticity:

(@), = (fov*), + forg' <Po%)z . (4.6)

The first term on the right is the meridional divergence of the meridional resid-
ual Coriolis forcing and depends, according to the TEME (equation 2.1), on the
resolved and unresolved wave forcing and the frictional forcing. Due to its f-
dependence, it causes strong (small) changes of the stretching vorticity near the
pole (in mid-latitudes). The meridional convergence (divergence) of the meridional
residual Coriolis forcing leads to a stretching (contraction) of an atmospheric layer.
Fig. 4.1 shows the possible cases if the residual Coriolis forcing acts in the middle

of this layer. The contraction of an atmospheric layer can be induced by (see Fig.
4.1):

e 2a) poleward decrease of the westward residual Coriolis forcing

e 2b) poleward increase of the eastward residual Coriolis forcing

e 2c¢) poleward transition from westward to eastward residual Coriolis forcing
The stretching of an atmospheric column can be caused by (Fig. 4.1):

e 2a’) poleward increase of the residual westward Coriolis forcing

e 2b’) poleward decrease of the residual eastward Coriolis forcing

e 2¢’) poleward transition from eastward to westward residual Coriolis forcing
The second term of equation 4.6 reflects the effect of the diabatic heating. Strong

vertical convergence (divergence) of the diabatic heating leads to the stretching

(contraction) of an atmospheric layer.
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Figure 4.1: The effect of the meridional structure of the residual Coriolis forcing on
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the stretching and contraction of a free atmospheric layer according to
cases 2a, 2b, 2¢, 2a’, 2b’, and 2¢’(see text). Horizontal arrows represent
the meridional component of the residual velocity, which is proportional
to the residual Coriolis forcing. Vertical arrows represent the vertical
residual velocity, which causes adiabatic warming (cooling) by upward
(downward) motion. Dashed (solid) curves correspond to the initial
(final) position of the upper and lower layer boundaries.



4.1 Methods and theoretical background

According to the equation 4.6, a change in radiative and/or wave forcing leads to
a change of the stretching vorticity and thus to a change of the potential vorticity
(see also Appendix A, equations A-4 and A-3). The potential vorticity inversion
mechanism, in which the non local circulation change is controlled by the potential
vorticity anomalies |Black, 2002; Ambaum and Hoskins, 2002|, and the downward
control mechanism |[Haynes et al., 1991; Holton et al., 1995|, in which the circu-
lation change is controlled by the radiative and wave induced dynamical forcing,
thus describe the same mechanism. All analyses done in this study are based on
anomalous changes, which were computed by removing the seasonal cycle. Since the
model is driven by the climatology of radiatively active elements and no coupling to
chemistry is performed, the anomalous change of the short wave radiative heating in
the stratosphere and its impact on the stretching vorticity can be neglected. In the
following, only the dynamical effect on the stretching vorticity is considered, since
the dynamical damping time in the stratosphere is much higher than the radiative
one and the winter stratospheric circulation is driven mainly by wave dynamics.
Figs. 4.2 and 4.3 sketch the anomalous changes that drive the vertical structure
of the temperature and wind anomalies during the evolution of strong positive and
negative NAM-phases. The NAM temperature and wind anomalies and their down-
ward propagation can be understood as the response of the stretching vorticity to
the meridional structure of the Coriolis forcing and quasigeostrophic adjustment of
the troposphere to these changes. During strong stratospheric positive NAM-phase
(Fig. 4.2a), an enhanced stratospheric anomalous westward Coriolis forcing centered
near 60-70°N is induced by reduced planetary wave breaking. This results in a pole-
ward decrease (increase) of the westward Coriolis forcing north (south) of 60-70°N
and leads -as in case 2a (2a’) of Fig. 4.1- to a contraction (stretching) of the strato-
spheric layer in the high (mid) latitudes. These changes contribute, by continuity,
to an anomalous stretching of the high latitude troposphere and lower mesosphere

and a contraction of the mid-latitude troposphere and lower mesosphere.

The lower mesosphere responds during enhanced positive NAM-phase with an
anomalous eastward residual Coriolis forcing, centered in mid and high latitudes

(Fig. 4.3a). This is balanced mainly by the residual forcing (or gravity wave drag).
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4 The coupled system stratosphere/troposphere at strong polar vortex

a) Strong positive stratospheric NAM- b) Strong negative stratospheric NAM-
phase phase

Figure 4.2: (a) illustrates the effect of the stretching vorticity of the stratospheric

20

column during strong positive NAM-phase as a result of the meridional
structure of the anomalous residual Coriolis forcing. Horizontal arrows
represent, the meridional residual velocity, which is proportional to the
residual Coriolis forcing. Vertical arrows represent the vertical residual
velocity, which causes adiabatic warming (cooling) by upward (down-
ward) motion. Dashed (solid) curves correspond to the initial (final)
position of the upper and lower boundaries of the stratosphere. (b) il-
lustrates the effect of the stretching vorticity of the stratospheric column
during strong negative NAM-phase. H (L) illustrates positive (negative)
anomalous changes of pressure.



4.1 Methods and theoretical background

The net result is a poleward decrease of the eastward Coriolis forcing in high latitudes
which leads - as in case 2b’ of Fig. 4.1 - to a stretching of the lower mesosphere
near the pole. This contributes to the contraction of the upper stratosphere and an
increase of the anomalous downward motion in both lower mesosphere and upper
stratosphere. The vertical structure of the temperature and wind anomalies during
the strong NAM-phases and the associated downward propagations result mainly
from adiabatic temperature changes by the vertical motions, sketched in Figs. 4.2a
and 4.3a. Figs 4.2b and 4.3b describe the situation during negative stratospheric
NAM-phase. In the following, the TEM formulation is used to get further insight
into the processes sketched in Figs. 4.2 and 4.3.

a) Strong positive stratospheric b) Strong negative stratospheric
NAM-phase NAM-phase
—»—»v—»> <—<—*«$¢A
(HJ? L
ssmsEmEEEmEEEERE smuEmEEm timsamasmanmsfn smEEmEE
v, i L T

O AL L T
L]
»

20°N pole 20°N pole

Figure 4.3: a (b) like Fig. 2a (2b) but illustrating the effect of the stretching vorticity
of the lower mesosphere column during strong positive (negative) NAM-
phase as a result of the meridional structure of the anomalous residual
Coriolis forcing.
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4 The coupled system stratosphere/troposphere at strong polar vortex

4.2 Wind and temperature anomalies during
strong stratospheric NAM-phases

The evolution of the high minus low (H - L) lag composites of the NAMI at 50hPa
is shown in Fig. 4.4a. In Fig. 4.4b, the evolution of the H - LL lag composites of the
anomalous zonally averaged zonal wind between 55 and 70°N is shown as a function
of height. Statistical significance was estimated with a t-test. Fig. 4.4c shows
the anomalous zonally averaged temperature between 60 and 90°N. The evolution
of the stratospheric polar jet is well described by the NAMI. The slow increase of
the 50hPa-NAMI between lag -60 and lag -40 days characterizes the onset phase
of the development of the stratospheric polar jet. The faster increase of the NAMI
between lag -30 and 0 describes the growth and mature phases, while the decrease

of the NAMI at positive lags indicates the decline and decay phases.

The growth and the mature phases of the stratospheric polar jet are associated
with a strengthening and downward propagation of negative temperature and pos-
itive wind anomalies in the stratosphere and troposphere (Figs. 4.4b and 4.4c).
These anomalies strongly decrease in the decline and decay phases. The evolution
of the stratospheric jet after lag -30 is associated with an enhanced warming in the
upper polar stratosphere and lower mesosphere and thus, according to the thermal
wind balance, with a negative shear of the zonal flow and a weakening of the anoma-
lous westerlies. The warming and the associated change in the zonal flow become
stronger and propagate downward towards the lower stratosphere, especially during

the decline and decay phases.

Figs. 4.5 and 4.6 show the two-dimensional structure of the H - L lag composites
of the zonally averaged zonal wind and temperature anomalies, respectively. Six
time lags ( -60, -50, -10, 0, 20 and 50) are shown. Both Figs. 4.5 and 4.6 show a
strengthening of the zonally averaged zonal wind and of temperature anomalies in
the stratosphere during the growth and mature phases. They also show downward
propagation of both anomalies into the troposphere, especially during the mature

phase. The wind and temperature anomalies in the troposphere and the lower
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a) H- L NAMI at 50hPa
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Figure 4.4: The difference between the high and low lag composite (H - L) of (a) the
NAMI at 50hPa, (b) the zonally averaged zonal wind between 55 and
70°N and (c) the zonally averaged temperature north of 60°N. Positive
(negative) values are represented by solid (dashed) lines and zero by a
thick line. Color indicates significance at 95% level according to a t-test.
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4 The coupled system stratosphere/troposphere at strong polar vortex

to middle stratosphere weaken considerably during the decline and decay phases.
The growth and mature phases of the stratospheric polar jet are associated with a
temperature quadrupole between the troposphere and mesosphere (Fig. 4.6). The
lower part of this quadrupole has a deep cold pole in the high latitude and a warm
pole in the mid-latitude troposphere and stratosphere. This dipole strengthens in
the NAM-strengthening phase and weakens in the decay phase. It is in thermal wind
balance with the wind shear and explains the positive vertical shear of the anomalous
zonal flow between the surface and the middle stratosphere. The upper part of
the temperature quadrupole has a warm pole in the high latitudes between the
upper stratosphere and lower mesosphere and a cold pole in the mid latitudes. The
warm pole strengthens and propagates downward, especially in the NAM-decline and
decay phase. Consistent with the thermal wind balance, a negative vertical shear
and a weakening of the anomalous zonal flow are found in the upper stratosphere
and lower mesosphere. The temperature anomalies of the quadrupole are generally
stronger in the polar region than in the mid latitudes. The vertical inversion of
the temperature anomalies between stratosphere and mesosphere at extreme NAM-
phases is consistent with the observations |Quiroz, 1969; Labitzke, 1972a:b; Hirota
and Barnett, 1977].

In summary the strongly positive stratospheric NAM-phases are associated with
strong anomalous westerlies in high latitudes and a temperature quadrupole between
troposphere and lower mesosphere. The zonal wind pattern results, by thermal wind

balance, from the quadrupole structure of the temperature.
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Figure 4.5: The differences between high and low composite (H - L) of the zonally
averaged zonal wind at six different time lags. Positive (negative) values
are represented by solid (dashed) lines and zero by a thick line. Color
indicates significance at the 95% level according to a t-test.
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Figure 4.6: The differences between high and low composite (H - L) of the zonally
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averaged temperature at six different time lags. Positive (negative) val-
ues are represented by solid (dashed) lines and zero by a thick line. Color
indicates significance at the 95% level according to a t-test.



4.3 Dynamical coupling and spatial structure in the mature phase

a) Residual Coriolis forcing
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Figure 4.7: The differences between high and low composite (H - L) at lag -15, -5
and 0 of (a) residual Coriolis forcing, (b) wave forcing, and (c¢) residual
forcing. Positive (negative) values are represented by solid (dashed) lines
and zero by a thick line. Color indicates significance at the 95% level
according to a t-test.
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Figure 4.8: a (b) shows the differences between high and low composite at lag -10 (0)
of the following forcings acting near the bottom: Residual Coriolis forc-
ing (solid line), wave forcing (dotted line), and residual forcing (dashed
line).

28



4.3 Dynamical coupling and spatial structure in the mature phase

a) Non-orographic gravity wave drag
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b) Residual meridional circulation and vertical velocity
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Figure 4.9: (a) is like Fig. 4.7 but it shows the non-orographic gravity wave drag.

(b) shows the differences between high and low composite (H - L) at
lag -15, -5 and 0 of the inverted omega residual velocity in p-coordinate.
The stream plot represents the meridional residual circulation. Shading
indicates significant values at the 95% level according to a t-test. Dark
(light) grey indicates upward (downward) motion.
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4.3 Dynamical coupling and spatial structure in
the mature phase

4.3.1 Transformed Eulerian Mean (TEM) forcings and the
NAM-pattern

The TEM formulation provides the forcing that drives both the wind anomalies and
the structure of the Coriolis forcing, which (according to equation 4.6) is important
for the change of a layer thickness. Fig. 4.7 shows the H - L lag composites of the
anomalous residual Coriolis (Fig. 4.7a), planetary wave (Fig. 4.7b), and residual
(Fig. 4.7¢) forcing at lags -15, -5 and 0. The anomalous residual vertical velocity
and the meridional circulation are plotted in Fig 4.9b. Fig. 4.8a (4.8b) shows
the same forcings at lags -10 (0), but averaged near the bottom. The enhanced
anomalous westerlies in the lower and middle stratosphere are maintained against the
westward Coriolis forcing mainly by the eastward planetary wave forcing and partly
by the much weaker residual forcing. Since the eastward planetary wave forcing is
generated during a strong vortex and strengthens it, there is a positive feedback
between the NAM wind-pattern and the planetary wave forcing. The enhanced
anomalous westward Coriolis forcing and equatorward motion in the middle and
lower stratosphere (Figs. 4.7a and 4.9b) weaken the Brewer-Dobson circulation
and are strongest near 60-70°N. This results in a divergence (convergence) of the
anomalous meridional Coriolis forcing in the high (mid) latitudes as in cases 2a
(2a’) of Fig. 4.1 and thus in a contraction (stretching) of the stratospheric layer
north (south) of 60°-70°N. By continuity, the contraction of the polar stratosphere
contributes to a stretching of the polar troposphere |Ambaum and Hoskins, 2002|
and mesosphere, while the stretching of the stratosphere contributes to a contraction
of the troposphere and mesosphere in the mid-latitudes. The net effect is the vertical
motion shown in Fig. 4.9b explaining the temperature quadrupole seen in the mature
phase (Fig. 4.6). The temperature pattern results from the adiabatic temperature
change by vertical motion, and the vertical structure of the zonally averaged zonal

wind results from the temperature pattern by thermal wind balance .
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The strong westerlies near the tropospheric polar jet are maintained against the
Coriolis forcing mainly by planetary wave forcing and partly by the weaker residual
forcing. The eastward residual and wave forcings between the high latitude tropo-
sphere and the middle stratosphere are induced during a strong vortex and, at the
same time, they strengthen the vortex further. Thus, there is a positive feedback
between the polar vortex and these forcings. The increase of the tropospheric and
stratospheric baroclinic wave activity due to the strong anomalous westerly wind
shear can be important in this respect. This can be seen in Fig. 4.10, which shows
the composite difference at lag 0 of tropospheric and lower stratospheric baroclin-
icity (g0,/00N). The latter is a good approximation to the largest growth rate of
baroclinic waves |Lindzen and Farrell, 1980|. In general, the enhanced baroclinic
instability during strong vortex is associated with an acceleration of the westerlies,
which in turn leads to a positive feedback between the polar vortex and the baro-
clinic wave |Tanaka and Tokinaga, 2002|. This feedback contributes not only to
the increase and persistence of the strong vortex but also to the downward prop-
agation of the wind anomalies from the stratosphere into the troposphere. The
enhanced westerly wave forcing near the tropospheric jet is, according to the quasi-
geostrophic momentum budget, associated with an anomalous equatorward motion
from the stretched into the contracted tropospheric area (Fig. 4.9b), which damp-
ens the high-latitude stretching and mid-latitude contraction in the troposphere.
The increase of westerly wave forcing near the tropospheric jet can thus be seen
as a quasigeostrophic adjustment of the troposphere to the changes induced by the
stratosphere. As explained in chapter 2.5, the residual forcing in the extratropi-
cal lower stratosphere and upper troposphere can be explained by the combined

contribution of gravity waves and non-quasigeostrophic component of the EP-flux.

The enhanced westerlies near the bottom are maintained mainly by the Coriolis
forcing against westward planetary wave and residual forcing (Figs. 4.8a and b).
Since the negative wave and residual forcing are caused during the strong NAM-
westerlies and weaken the NAM-westerlies near the bottom even further, there is
negative feedback between these forcings and the NAM wind-pattern in the lower-

most boundary of the coupled system troposphere/stratosphere.

61
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The strong stratospheric vortex is associated with an enhanced anomalous pos-
itive Coriolis forcing north of 20°N in the lower mesosphere, which together with
the wave forcing, maintains the high latitude westerlies against the strong negative
residual forcing. The net effect is an enhanced convergence of the anomalous Cori-
olis forcing in the polar mesosphere (Fig. 4.7a) and thus a stretching of the lower
mesosphere (according to case 2b’ in Fig. 4.1). This enhances, by continuity, the
contraction of the polar upper stratosphere, as shown before, leading to stronger
anomalous downward motion and adiabatic warming in both the lower mesosphere
and upper stratosphere. This warming weakens the polar vortex and induces an
anomalous negative shear of the zonal flow. The strong westward residual forcing
between the high latitude upper stratosphere and lower mesosphere is induced dur-
ing strong vortex and at the same time weakens and warms it, so that the residual
forcing exercises negative feedback on the polar vortex at these altitudes. The resid-
ual forcing in the upper stratosphere and lower mesosphere can be explained by
the non-orographic gravity wave drag, which according to Figs. 2.4(2), 2.5, 4.7 and
4.9a dominates the residual forcing and its change at these altitudes. The positive
anomalies of the zonal wind and the anomalous easterly wind shear, as shown in
Figs. 4.4(a) and 4.5, strengthen both the westerlies and the negative wind shear
between the upper stratosphere and mesosphere seen in Fig. 2.2b. This leads,
according to Lindzen’s parameterization (see chapter 2.5), to a more easterly grav-
ity wave drag than normal and can explain the high anomalous westward residual
forcing seen in Fig. 4.7c. We can thus conclude that there is a negative feedback
between the polar vortex and the residual forcing in the upper boundaries of the
coupled system troposphere/stratosphere (i.e. upper stratosphere and lower meso-
sphere), which can be explained by the filtering of the gravity wave drag by the
vertical structure of the stratospheric polar jet. In this feedback the strong vortex
leads to an enhanced negative residual forcing (or gravity wave drag), which results
in anomalous eastward Coriolis forcing (i.e. poleward motion) and thus in adiabatic
warming by downward motion and a weakening of the vortex in both upper strato-
sphere and lower mesosphere. This result is supported by Duck et al. [2001|, who

proposed the same feedback, but in the context of the warming after late December.
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4.3 Dynamical coupling and spatial structure in the mature phase
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Figure 4.10: Differences between high and low (H - L) composite of the tropospheric
(dashed line) and low stratospheric (solid line) baroclinicity at lag 0.
The zero line is shown in yellow
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4 The coupled system stratosphere/troposphere at strong polar vortex

The strong vertical velocity and temperature anomalies at the pole can be explained
by the f-dependence of the residual Coriolis forcing, which (according to equation
9) makes the stretching vorticity and the resulting vertical motion and temperature

change stronger there.

In summary, the vertical structure of the wind and temperature anomalies and
their downward propagation during strong stratospheric NAM can be explained by
the response of the stretching vorticity to the residual Coriolis forcing changes, which
in turn are caused by planetary wave forcing in the middle and lower stratosphere
and residual forcing in the lower mesosphere and upper stratosphere, as well as by
quasigeostrophic adjustment of the troposphere to these changes. The persistent
strengthening and downward propagation of the NAM-pattern is enhanced mainly
by the planetary wave-vortex feedback that accelerates the westerlies within the
coupled troposphere /stratosphere system. Thereby the strong vortex is strengthened
further by the equatorward propagation of planetary waves and vice versa. There
are two negative feedbacks acting in the upper and lower boundaries of the coupled
system troposphere/stratosphere, which decelerate the westerlies and weaken the
NAM-patterns. The first feedback, between residual forcing and polar vortex, acts
above the stratospheric jet and can be explained by the filtering of gravity waves by
the strong vortex and its vertical structure. The second feedback is driven by the

residual and planetary wave forcing and acts near the surface.

4.3.2 The wave- zonal wind feedback

The impact of the planetary wave forcing on the stratospheric polar vortex is con-
trolled by the tropospheric wave activity. An anomalous equatorward and/or down-
ward propagation of the tropospheric waves leads to less wave breaking in the polar
stratosphere and thus to an anomalous cooling and strengthening of the stratospheric
westerlies by the resulting eddy heat and momentum fluxes (equation 4.1). In con-
trast, an anomalous poleward and upward propagation of the tropospheric waves
leads to more wave breaking in the polar stratosphere and thus to an anomalous

warming and weakening of the stratospheric westerlies. This connection between
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4.3 Dynamical coupling and spatial structure in the mature phase

the meridional propagation of the tropospheric waves and the stratospheric polar
vortex can be seen in Fig. 4.11a. A strong vortex is associated with an increase of
the anomalous equatorward and downward component of the tropospheric EP-flux

and thus with less wave breaking in the polar stratosphere.

According to equations 4.1 and 4.2, the direction of the propagation of the tro-
pospheric planetary waves, which modify the strength of the polar vortex, can be
changed by the vertical and meridional structure of the zonally averaged zonal wind
| Hartmann et al., 2000; Limpasuvan and Hartmann, 2000|. Figs. 4.12a, b and 4.11b
show the lag composite of the refraction index change caused by vertical curvature,
vertical shear, and the sum of all terms of equation 4.1. The meridional curvature
and the planetary term are small in the high latitudes compared to the other terms
and thus not shown. The vertical curvature contributes to stronger equatorward
propagation of the tropospheric waves and the vertical shear to stronger poleward
propagation (Figs. 4.12a and b). The net effect of the zonally averaged zonal wind is
a dipole structure in the refraction index between the troposphere and middle strato-
sphere north of about 35°N. This supports an anomalous equatorward propagation
of tropospheric waves and is consistent with the direction of the EP-flux vector (Fig
4.11a). The negative pole in the polar troposphere results mainly from the verti-
cal curvature; the positive pole to the south mainly from the vertical shear. The
anomalous meridional propagation of waves, which drives the strong stratospheric
NAM-phases results mainly from the vertical structure of the downward propagating
anomalous zonal flow. This provides a positive feedback between the stratospheric
polar vortex, and the meridional propagation of planetary waves, which contributes
to the intensification and persistence of both stratospheric and tropospheric wind

anomalies during the growing phase and to the decline during the decay phase.

In summary, there is a positive feedback between the planetary wave propagation
and the stratospheric vortex, in which the stronger equatorward (poleward) wave
propagation and thus less (more) wave breaking in the polar stratosphere is induced
by an anomalous strong (weak) polar vortex and vice versa. This feedback explains

the vortex-planetary wave forcing feedback shown above (Fig. 4.7h).
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4 The coupled system stratosphere/troposphere at strong polar vortex
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Figure 4.11: The differences between high and low (H - L) composite at lags -15,
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-5 and 0 of (a) the EP-flux vector and (b) the refraction index due to
all changes of the zonally averaged zonal flow (equation 4.1). Positive
(negative) values in (b) are represented by solid (dashed). Color indi-
cates significance at the 95% level according to a t-test. The stream
plot in (a) represents the EP-flux vector.



4.3 Dynamical coupling and spatial structure in the mature phase

a) Effect of the vertical curvature of the zonal flow
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Figure 4.12: The differences between high and low (H- L) composite at lags -15, -5
and 0 of the effect on the refraction index of (a) vertical curvature and
(b) vertical shear of the zonal mean of the zonal flow. Positive (neg-
ative) values are represented by solid (dashed) lines. Color indicates

significance at the 95% level according to a t-test.

67



4 The coupled system stratosphere/troposphere at strong polar vortex

4.4 The dynamics of the evolution of the polar
vortex

In order to understand the mechanism driving changes in the stratospheric polar
jet, the TEM-terms were averaged between 55 and 70°N, where the wind anomalies
are strongest. Again, a lag composite (+/-40 days) analysis based on the 50hPa
NAMI was performed. Figs. 4.13a, b, and ¢ show the high minus low composite
difference of the resulting anomalous residual forcing, residual Coriolis forcing, and
wave forcing between 100 and 0.1 hPa. Figs. 4.14a and b are similar, but they show
the inverted scaled vertical residual velocity in p-coordinates and the adiabatic tem-
perature change by vertical motion in the Arctic region. The growth and mature
phase of the polar vortex is marked by a significant increase of the eastward plan-
etary wave forcing over the entire stratosphere and lower mesosphere (Fig. 4.13c).
This is balanced in the middle and lower stratosphere mainly by the enhanced west-
ward Coriolis forcing (or equatorward motion, Fig. 4.13b). The strong anomalous
westtward residual Coriolis forcing between 55 and 70°N induces a contraction of
the polar stratosphere. This can be inferred from the anomalous adiabatic cooling
by upward motion in the middle and low polar stratosphere and the anomalous adi-
abatic warming by downward motion in the upper polar stratosphere (Figs. 4.14a

and b).

The high latitude lower mesosphere responds to the increase of the stratospheric
NAM with an enhanced anomalous eastward residual Coriolis forcing (poleward mo-
tion), which together with the eastward planetary wave forcing balances the strongly
negative residual forcing (Fig. 4.13). As mentioned above, the enhanced negative
residual forcing can be explained by the filtering of gravity waves by the strato-
spheric jet an its vertical structure, which leads to more easterly gravity drag in the
mesosphere and upper stratosphere and provides a negative feedback on the polar
vortex. The enhanced eastward residual Coriolis forcing causes, according to case
2b’ (Fig 4.1), a stretching of the polar mesosphere and enhances, by continuity, the

downward motion in both polar mesosphere and upper stratosphere (Fig 4.14a). The
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4.4 The dynamics of the evolution of the polar vortex
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4 The coupled system stratosphere/troposphere at strong polar vortex
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4.4 The dynamics of the evolution of the polar vortex

net result is an anomalous adiabatic warming between the polar upper stratosphere
and lower mesosphere that propagates downward and weakens the stratospheric vor-
tex (Fig. 4.14b). The negative residual forcing provides thus a negative feedback
that regulates the strength of the stratospheric vortex. This explains the amplifica-
tion and downward propagation of the anomalous warming and easterlies from the

mesosphere into the stratosphere and thus the weakening of the vortex there.

The weakening of the stratospheric jet in the decay phase leads to a strong de-
crease of the eastward planetary wave forcing that in turn weakens the polar vortex
(Fig. 4.13c). This feedback can be explained by the positive planetary wave- vortex
feedback discussed above, by which the weakening of the stratospheric jet and its
shear and curvature lead to reduced anomalous equatorward wave propagation and
thus to more wave breaking in the polar stratosphere. These changes induce, ac-
cording to the momentum budget, a weakening of the anomalous westward Coriolis
forcing (or equatorward mass transport, Fig. 4.13b), which, by continuity, results in
reduced upward motion and adiabatic cooling in the lower and middle stratosphere
(Fig. 14). The positive feedback between the planetary waves and the vortex con-
tributes thus not only to the amplification of the NAM anomalies in the increase

phase but also to their weakening in the decay phase.

The anomalous upward (downward) motion in the high (mid) latitude stratosphere
is associated with a pressure increase (decrease), which begins in the stratosphere
during the growth phase and reaches the troposphere during the mature phase (Fig.
4.15). These NAM-like patterns subsequently weaken strongly parallel to the wind

and temperature anomalies.

In summary, the amplification of the strong polar jet is associated with an en-
hanced anomalous warming in the polar mesosphere and upper stratosphere that
propagates downward and weakens the stratospheric vortex. The warming and
weakening of the vortex can be explained by the negative feedback between vortex
and residual forcing (mainly gravity wave drag). This negative feedback acts as
a self-regulation mechanism of the middle atmospheric jet. The weakening of the

vortex is accelerated also by the planetary wave-vortex feedback.
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4 The coupled system stratosphere/troposphere at strong polar vortex
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Figure 4.15: The differences between high and low (H - L) composite at lag -30, 0
and 25 of the geopotential height at the 10 and 500hPa levels. Pos-
itive (negative) values are represented by solid (dashed) lines. Color
indicates significance at the 95% level according to a t-test.
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5 The coupled system
stratosphere/troposphere at
strong tropospheric NAM

In this chapter, the dynamics of the coupling between troposphere and stratosphere
during strong tropospheric Northern Annular Mode (in the following referred to as
‘tropospheric mode’) is investigated. The results of a lag-composite analysis using
the 1000hPa-NAMI from the same run used in the last chapters are described. Even
though the tropospheric NAMI is used less often than the NAO-Index (NAOI), it
is equally suitable for the study of the extratropical variability, since it is strongly
correlated to the NAOI: Both indices are related to the same physical processes and
climatic changes as described by Thompson and Wallace [1998; 2000]. Analogous
to the previous chapter, the wind and temperature patterns associated with the
tropospheric NAM are diagnosed, as well as the forces driving these patterns. The
focus will be on the differences between the stratospheric mode shown in the last

chapter and the tropospheric mode obtained through the 1000hPa-NAMI-composite.

5.1 Wind and temperature anomalies during
strong tropospheric NAM-phases

5.1.1 Time evolution

The evolution of the high minus low (H - L) lag composite of the NAMI at 1000hPa
is shown in Fig. 5.1a. Fig. 5.1b shows the evolution of the H - L lag composite
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Figure 5.1: The difference between the high and low (H - L) lag composite in the
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tropospheric mode of (a) the NAMI at 1000hPa (b) the zonally averaged
zonal wind between 55 and 70°N and (c) the zonally averaged temper-
ature north of 60°N. Positive (negative) values are represented by solid
(dashed) lines and zero by a thick line. Color indicates significance at
the 95% level according to a t-test.



5.1 Wind and temperature anomalies during strong tropospheric NAM-phases

of the anomalous zonally averaged zonal wind between 55 and 70°N in the tro-
pospheric mode. The statistical significance was estimated through a t-test. Fig.
5.1c shows the anomalous zonally averaged temperature between 60 and 90°N in
tropospheric mode. Just as the vortex-evolution in the stratospheric mode is well
described by the 50hPa-NAMI (see chapter 4), the evolution of the zonally averaged
tropospheric zonal wind is well described by the 1000hPa-NAMI. The slow increase
of the 1000hPa-NAMI between about lag -25 and lag -10 days characterizes the onset
phase of the development of the tropospheric westerlies. The faster increase of the
NAMI between lag -10 and 0 describes the growth and mature phases. The decrease
of the 1000hPa-NAMI at positive lags indicates the decline and decay phases. Com-
pared to the stratospheric NAM (Fig. 4.4), which is dominated by low frequency
change, the tropospheric NAMI is dominated by high frequency fluctuations on syn-
optic time scales. These fluctuations are superimposed on low frequency variations
having longer stratospheric time scales. This is consistent with the results of the
wavelet and SSA analyses described in chapter 3.2.2. The change of the tropospheric
NAMI and westerlies shows some correlation to that of the stratospheric westerlies
during the whole life cycle, including the pre-onset and post-decay phases (Fig. 5.1).
Such correlations can also be seen in Fig. 7 of Ambaum and Hoskins [2002|, who
used observational data and computed the lag/lead-correlation between NAOI and
PV500-index. They defined the PV500-index as the first principal component of the
potential vorticity on the 500°K isentropic surface. This index measures, like the

stratospheric NAM, the strength of the stratospheric westerlies and polar vortex.

The life cycle of the strong tropospheric NAM is much shorter than the strato-
spheric one. This reflects the importance of the high frequency tropospheric variabil-
ity associated with the local structure of the tropospheric circulation (see section
3.1.3). This finding is consistent with the observational results by Ambaum and
Hoskins [2002|, who found that the autocorrelation of the NAOI drops much more
rapidly (after ca. 10-15 days) than that of PV500-index (after ca. 30-40 days).

The first increase of the middle atmospheric temperature and wind anomalies

precedes the onset phase of the tropospheric NAMI. These anomalies reach a first
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5 The coupled system stratosphere/troposphere at strong tropospheric NAM

climax about 15 days before reaching the 1000hPA-NAMI-maximum. This behav-
ior differs greatly from the stratospheric mode (Fig. 4.4), where the maximum
in middle atmospheric wind and temperature anomalies is first reached at lag 0,
when the stratospheric NAMI is also maximal. The growth and mature phases of
the tropospheric NAMI are associated with an increase of the wind and temperature
anomalies not only in the troposphere but also in the lower and middle stratosphere.
The vortex and the cooling between lower and middle stratosphere become strongest
about 4-5 days after the NAMI-maximum. This result is consistent with Ambaum
and Hoskins [2002], who showed, from observations, that the increase in the NAO
index is associated with a stronger stratospheric vortex about 4 days later. The in-
crease and mature phases of the tropospheric NAMI are associated with a decrease

of the wind anomalies and a warming between upper stratosphere and mesosphere.

5.1.2 Two-dimensional structure

The two-dimensional structure of the H - L. lag composite of the zonally averaged
zonal wind and the temperature anomalies is shown at six time lags (-30, -20, -10,
0, 20, and 50) in Figs. 5.2 and 5.3, respectively. This structure makes visible several
differences between the tropospheric and stratospheric NAM-modes (Figs. 4.4, 4.5
and 4.6), especially in the increase and mature phases: While the tropospheric wind
and temperature anomalies are much stronger in the tropospheric mode, the strato-
spheric anomalies are much stronger in the stratospheric mode; the tropospheric jet
is shifted more poleward and the zero-line-temperature is shifted more downward
in the tropospheric mode; the quadrupole structure of the temperature anomalies is
more pronounced in the stratospheric mode. While in both modes the structure of
the zonal mean of zonal flow is in thermal wind balance with the temperature pat-
tern, the position of the wind maximum at lag 0 is much lower in the tropospheric

mode than in the stratospheric mode.

In summary, a comparison between the results obtained with MAECHAMYS5 and
those of Ambaum and Hoskins |2002|, showed that MAECHAMSJ5 captures several
properties of the observed tropospheric NAM or NAO. The model shows several dif-

76
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Figure 5.2: The differences between high and low (H - L) composite of the zonally
averaged zonal wind at six different time lags. Positive (negative) values
are represented by solid (dashed) lines and zero by a thick line. Color
indicates significance at the 95% level according to a t-test.
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Figure 5.3: The differences between high and low (H - L) composite of the zonally
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ues are represented by solid (dashed) lines and zero by a thick line. Color
indicates significance at the 95% level according to a t-test.
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5.2 The forcing driving the tropospheric NAM

ferences between tropospheric and stratospheric NAM: The life cycle of the tropo-
spheric NAM-mode is much shorter and is dominated by high frequency fluctuation
on the synoptical time scale. Onset, increase and maturation of the tropospheric
mode are preceded and accompanied by a strong vortex indicating a possible im-
pact of the stratosphere on the troposphere. The enhanced tropospheric westerlies
at lag 0 are followed by a strong vortex and cooling 4-5 days later. The tropospheric
anomalies are much stronger in the tropospheric mode than in the stratospheric

mode, while the stratospheric anomalies are much weaker.

5.2 The forcing driving the tropospheric NAM

The TEM-formulation of the momentum budget is used to look at the forces driving
the tropospheric NAM and to explain the differences between tropospheric and
stratospheric NAM-mode discussed above. Fig. 5.4 shows the high minus low lag
composite of the anomalous residual Coriolis (Fig. 5.4a), wave (Fig. 5.4b), and
residual (Fig. 5.4c) forcing at lags -25, -5, 0, and 4. Fig. 5.5 shows the high
minus low lag composite of tropospheric (at 600hPa) and stratospheric (at 100hPa)
baroclinicity in the tropospheric mode. The composite of the anomalous residual
vertical velocity and the meridional circulation at lags -25, -5, 0, 2 and 5 are plotted

in Fig 5.6.

The structure of the stratospheric forcings before the onset phase of tropospheric
NAM mode (see lag -25 in Fig. 5.4) is quite similar to their structure in the mature
phase of the stratospheric mode (Fig. 4.7). At these time lags the strong strato-
spheric jet is maintained mainly by planetary wave forcing, which exercises a positive
feedback on it and leads to a negative Coriolis force centered in the high latitude
stratosphere. This results in a contraction of the polar stratosphere and thus a rising
of the Arctic tropopause, which leads to adiabatic cooling by upward motion as well
as anomalous westerly wind and wind shear in the upper troposphere (Figs. 5.6, 5.3,
5.2, and 5.1). This result is consistent with what Ambaum and Hoskins |2002| found

through a lag-regression analysis. They showed a rising of the Arctic tropopause at
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Figure 5.4: The differences between high and low (H - L) composite at lags -25, -15,
-5 and 0 of (a) residual Coriolis forcing, (b) wave forcing, and (¢) residual
forcing. Positive (negative) values are represented by solid (dashed) lines
and zero by a thick line. Color indicates significance at the 95% level

according to a t-test.
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Figure 5.5: Differences between high and low (H - L) composite of the tropospheric
(dashed line) and low stratospheric (solid line) baroclinicity at lag 0.
The zero line is shown in yellow.
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a) Residual Coriolis forcing
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Figure 5.6: The differences between high and low composite (H - L) -in tropo-
spheric mode- at six different lags (-25, -5, 0, 2, 5 and 10) of the inverted
omega residual velocity in p-coordinate. The stream plot represents the
meridional residual circulation. Shading indicates significant values at
the 95% level according to a t-test. Dark (light) grey indicates upward
(downward) motion.
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5.2 The forcing driving the tropospheric NAM

positive NAO phase, which is related to the strong stratospheric vortex.

The net effect of the stratosphere-induced anomalous upward motion (Fig. 5.6
at lag -25) is in general a cyclonic pressure anomaly in the high latitude upper
and middle troposphere (see Fig. 4.15) and an enhanced meridional temperature
gradient (see Fig. 5.3 at lag -20), which increases the upper tropospheric baroclin-
icity before the increase and maturation phases. As described by Hoskins et al.
[1985], the amplification of cyclonic anomalies in the troposphere can be acceler-
ated by a combination of pre-existing lower-tropospheric baroclinicity (associated
with the internal low tropospheric temperature change) and upper-tropospheric cy-
clonic anomalies (e.g. associated with stratospheric change). The high baroclinic
wave activity in the extratropical troposphere can also be reproduced by prescribed

mid-latitude SST-anomalies [e.g. Inatsu et al., 2003].

As shown in Fig. 5.4, the increase and mature phases of the tropospheric NAMI
are associated with a rapid and strong intensification of the internal tropospheric
wave drag, which leads to rapid and strong increases of the westerly wind and its
vertical shear (Figs. 5.1b and 5.2). The westerly wave forcing in the mature phase is
associated with an enhanced baroclinicity due to the vertical wind shear (Fig. 5.5).
The increase of tropospheric westerlies in the tropospheric mode results from the
combined effect of both strong wave and much weaker residual forcing (Fig. 5.4),
compared to the moderate effect of the wave forcing in the stratospheric mode (Fig.
4.7). This results in much higher tropospheric anomalies in the tropospheric than

in the stratospheric mode.

In the mature phase of the tropospheric NAMI (near lag 0), the strong wester-
lies near the lower boundary are maintained mainly by the strong eastward Coriolis
forcing or anomalous poleward motion. This poleward motion is in turn associ-
ated with a strong compensating equatorward motion (i.e. easterly Coriolis forcing)
near the tropospheric jet, which balances both wave and residual forcing there (Fig
5.4). Poleward and equatorward motion together result, by continuity, in a strong
anomalous upward motion (Fig. 5.6) and thus a stretching, adiabatic cooling and

pressure lowering in the polar troposphere. This enhances afterwards, by continuity,
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5 The coupled system stratosphere/troposphere at strong tropospheric NAM

the upward motion and the adibatic cooling in the lower and middle polar strato-
sphere (Fig. 5.6), which explains the stratospheric temperature minimum and the
vortex maximum 4-5 days after lag 0 (Fig. 5.1). This vortex maximum is associated
with an enhanced wave forcing in the stratosphere (Fig. 5.4b at lag — 4), which
increases as a result of the vortex-planetary wave feedback (equations 4.1 and 4.2,
Figs. 4.11 and 4.12). As in the stratospheric mode, this induces a Coriolis forcing
divergence (Fig. 5.4a at lag — 4) and thus a contraction of the polar stratosphere
and a stretching of the underlying troposphere (Fig. 5.6) that lead to the persis-
tence of the anomalous cooling and westerlies in both troposphere and stratosphere
as seen in Fig. 5.1. This finding is consistent with Ambaum and Hoskins |2002], who
showed that a strong NAO is associated with a strong polar vortex 4 days later and
with a rising of the tropopause. This rising persists for a few weeks after reaching
the NAO maximum and causes a lowering of the tropospheric pressure in the arctic.
They also showed that the rising of the tropopause in the arctic is related to the

strong vortex.

In summary, tropospheric and stratospheric NAM are two distinct modes with
different time scales and driven by different mechanisms. In the stratospheric NAM
mode, the tropospheric westerlies are driven non-locally by the stratospheric circula-
tion and enhanced by the vortex-wave forcing feedbac. In the tropospheric mode, on
the other hand, the tropospheric westerlies are induced by a strong internal wave and
a much weaker residual forcing, which develops inside the troposphere on a synop-
tical time scale. This results in stronger tropospheric westerlies in the tropospheric
than in the stratospheric mode. The stratosphere is also important in the tropo-
spheric mode: It provides the upper troposphere with a low frequency westerly wind
and wind shear and thus with enhanced baroclinicity. The stronger stratospheric
westerlies in the stratospheric mode result from the more enhanced contribution
of the wave forcing. This chapter also showed, through a comparison between the
results obtained with MAECHAMYJ5 and those of studies using observational data,
that MAECHAMSJ captures the basic dynamics of the observed tropospheric NAM
or NAO.
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6 Conclusion

In this study, MAECHAMS5 /ocean mixed layer coupled model was used to investi-
gate the dynamics of the evolution of strong stratospheric NAM-phases and their

impact on troposphere and lower mesosphere.

First, the model was compared to the observations and we looked at the dy-
namical consistence in MAECHAMSb5. The focus was on the function of the middle
atmospheric meridional circulation and on the forcing driving it. The January cli-
matology of the model wind and temperature proved to agrees quite well with the
observations, especially in the extratropical region and outside the uppermost model

levels (where the sponging effect is strong).

It was shown that MAECHAMS5 reproduces both the middle atmospheric mean
meridional residual circulation and its function, which consists in compensating
the radiative cooling (warming) in the summer (winter) hemisphere, quite well
(see ch.2). The dynamics that maintains the middle atmospheric circulation in
MAECHAMS5 proved to be consistent with previous studies. In accordance with the
Charney-Drazin criterion, the strong tropospheric planetary wave activity propa-
gates up- and poleward into the winter stratosphere, where the stratospheric wind
is westerly. This results in the deceleration of the strong radiatively induced west-
erlies and the generation of the Brewer-Dobson circulation. The winter part of the
Murgatroyd-Singleton residual circulation is induced both by planetary waves and
residual forcing. The strong residual forcing in the winter mesosphere and upper
stratosphere can be explained mainly by the gravity wave drag, and it contributes
to the Murgatroyd-Singleton circulation much more than the planetary wave drag.

This finding shows the importance of the gravity wave drag in the upper strato-
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sphere and mesosphere and is consistent with Holton [1983], who showed that a
realistic warming in the polar upper stratosphere can be simulated by using only
the gravity wave drag, tuned to ensure a realistic mesosphere. The summer part of
the Murgatroyd-Singleton residual circulation is induced exclusively by the residual

forcing, which can be explained by the gravity wave drag.

Then the three-dimensional structure of the leading modes of the month-to-month
winter variability and covariability in the stratosphere/troposphere coupled system
was studied. It was shown that the three-dimensional structure of the model NAM
(i.e. the leading EOF-mode of the extratropical geopotential height) is quite similar
to that derived from the observational studies. This mode is much more important
in the stratosphere than in the troposphere. The wavelet and SSA analyses of the
NAMI showed that the stratospheric NAM is dominated by low frequency time
scales. The same analysis showed that the synoptic and quasistationary time scales
are much more important in the troposphere. This reflects the local structure of the
tropospheric circulation. The SVD analysis of the geopotential height showed that
the stratosphere and troposphere are strongly coupled through the NAM-patterns.

A lag composite analysis based on the 50hPa-NAMI showed enhanced anoma-
lous westerlies and a temperature quadrupole between the troposphere and lower
mesosphere that strengthen (weaken) during the increase (decrease) of the positive
NAMI phase. The lower part of the NAM temperature quadrupole shows a down-
ward propagating dipole with a cold pole in the polar and a warm pole in the mid
latitude troposphere and stratosphere. At the same time it shows an anomalous
westerly wind and wind shear that also strengthen and propagate downward, espe-
cially during the increase and mature phases. The upper part of the temperature
quadrupole shows a downward propagating warm pole in the polar mesosphere and
upper stratosphere and a cold pole in the mid latitudes at the same altitudes, and
it is associated with an anomalous easterly wind shear that also strengthens and

propagates downward, especially during the decline and decay phases.

In this study, an approach using the stretching vorticity was used to explain

the mechanisms of the coupling between troposphere, stratosphere and lower meso-
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sphere. As demonstrated in ch.4, the MAECHAMS5 /ocean mixed layer coupled
model, NAM temperature, zonal flow and geopotential height patterns as well as
their downward propagation can be explained by the response of the stretching vor-
ticity to the residual Coriolis forcing changes and some feedbacks that contribute
to the persistence and decay of those patterns during their increase and decrease
phases, respectively. Fig. 6.1 summarizes the anomalous changes that contribute to
the strengthening (6.1a) and weakening (6.1b) of the polar jet and resulting impact
on the troposphere and mesosphere. Fig. 6.2 summarizes the anomalous changes at
strong negative NAM-phases. Fig. 6.3a (b) illustrates the non-local forcings that
drive the remote residual circulations and the NAM-patterns between the tropo-
sphere and lower mesosphere during strong positive (negative) stratospheric NAM.
The dynamics of the strong negative NAM (Figs. 6.2 and 6.3b) can be derived by
taking (L - H)-composites of the results shown in this study.

The dynamics driving a strong positive stratospheric jet and its coupling to the
troposphere as shown in Figs. 6.1 and 6.3a can be summarized as follows: Dur-
ing the growth and the mature phases of the stratospheric jet (Fig. 6.1a) there is
an anomalous equatorward deflection of the tropospheric planetary waves, which
leads to reduced wave breaking in the polar stratosphere and thus to anomalous
eastward planetary wave forcing. The middle and lower stratosphere respond to
these changes by an anomalous westward residual Coriolis forcing that balances
the eastward planetary wave forcing and weakens the Brewer-Dobson circulation.
The strongest anomalous westward Coriolis forcing in the stratosphere is centered
at 60-70°N. This results in an anomalous divergence (convergence) of the Coriolis
forcing north (south) of 60-70°N and leads as in case 2a (2a’) of Fig. 2 to a contrac-
tion (stretching) of the stratosphere in the high (mid) latitudes. By continuity, these
changes contribute to an anomalous stretching of the high latitude upper troposphere
and lower mesosphere, and a contraction of the mid-latitude upper troposphere and
lower mesosphere. The net results are the NAM temperature, geopotential height
and zonal wind patterns in which the anomalous cooling and pressure decrease are
caused by upward motion and the anomalous warming and pressure increase by

downward motion. The zonal wind structure results from the temperature pattern
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by thermal wind balance. The persistence, strengthening, and downward propa-
gation of the NAM patterns during the increase and mature phases are increased
mainly by the positive vortex-planetary waves feedback, in which the strong strato-
spheric jet and the resulting wind shear and curvature are associated with less wave
breaking into the stratosphere, which in turn strengthens the stratospheric jet and
its vertical shear and curvature further |[Hartmann et al., 2000; Limpasuvan and
Hartmann, 2000]. The increase of westerly wave forcing near the tropospheric jet
is associated with anomalous equatorward motion from the stretched into the con-
tracted tropospheric area and can thus be seen as a quasigeostrophic adjustment of

the troposphere to the changes induced by the stratosphere.

The lower mesosphere and upper stratosphere respond to the strong stratospheric
jet with a delayed strong negative residual forcing that weakens the stratospheric jet
and exercises negative feedback on it (Fig. 6.1b). Both the enhanced residual forcing
and the resulting feedback in these altitudes can be explained by the strengthening of
the easterly gravity wave drag induced by the strong stratospheric jet and its vertical
structure. The enhanced negative residual forcing results in an anomalous positive
Coriolis forcing that- together with the wave forcing- maintains the westerlies against
the strong easterly residual drag. The net effect is an anomalous convergence of the
Coriolis forcing in the polar mesosphere, and thus a stretching of the mesosphere
(according to case 2b’ in Fig. 2). This enhances the anomalous downward motion in
both lower mesosphere and upper stratosphere. The net effect is a delayed adiabatic
warming and weakening of the polar vortex, which is strongest during the decline
and decay phases. The vortex-residual forcing feedback, which can be explained
by the gravity wave filtering through the stratospheric jet, acts as a self-regulation
mechanism of the strong wind and temperature anomalies in the middle atmosphere.
The weakening of the stratospheric jet in the decline and decay phases is accelerated

and enhanced by the polar vortex-planetary waves feedback.

The essence of the dynamics represented in Figs. 6.1 and 6.2 is summarized in
Fig.6.3: During strong stratospheric NAM-phases, stratosphere and troposphere can

be seen as one coupled system, which interacts with its upper and lower boundaries.
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The vertical and meridional structure of the NAM-wind-pattern inside this system
controls several forcings, which in turn exercise a non-local control on the residual
circulation and thus also on the wind and temperature patterns. This control results
from the response of the Coriolis forcing to the induced planetary wave and residual
forcing, and the resulting mass redistribution. The Coriolis forcing responds locally
to these forcings in such a way that the momentum remains conserved. A net
positive forcing drives a negative Coriolis forcing (i.e. equatorward motion) and
thus, by continuity, a negative (positive) meridional circulation under (above) the
forcing region. A net negative forcing drives a positive Coriolis forcing (i.e. poleward
motion) and thus, by continuity, a positive (negative) residual circulation under
(above) the forcing region. Only forcings acting away from the boundary layers
(bottom, tropopause, stratopause) can control both circulations above and under
the forcing source. Inside the troposphere/stratosphere system, planetary wave
forcing and residual forcing control the residual circulation non-locally. At the same
time they exercise positive feedback on the wind anomalies, in such a way that
these forcings contribute to the strengthening and persistence of the NAM-patterns.
In the upper boundaries of the troposphere/stratosphere system (mesosphere and
upper stratosphere), the non local control of the circulation is driven by the residual
forcing (i.e. the gravity wave drag). At the same time it exercises negative feedback
on the zonal flow in such a way that the NAM-patterns are weakened and modulated
by this forcing from above. In the lowermost boundaries of the system (i.e. near the
bottom), planetary wave and residual forcing (mainly friction) control the residual
circulation and exercise negative feedback on the wind anomalies in such a way that

the NAM-patterns are weakened and modulated from below.

It should be noted, though, that by using the idealised MAECHAMS simulation
and not observational data, we excluded several factors that impact the circulation
and wave forcing in both troposphere and stratosphere, e.g. solar cycle, dynamics-
chemistry coupling, QBO, volcano eruption, and anthropogenic effects. These can
modify the form, location and strength of the forcing sources shown in Fig. 6.3 and
lead to a different picture. The exclusion of these effects makes the interpretation

of our result easier, though, since the simultaneous impact of all these factors is still
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a) Anomalous changes during the increase and

maturation of the positive NAM-phase

b) Anomalous changes during the decline and

decay of the positive NAM-phase
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Figure 6.1: Schematic diagram showing the mechanisms that contribute to (a) the
strengthening and (b) the weakening of the positive anomalies of the
stratospheric polar jet and its impact on the tropospheric circulation
during the evolution of the strong positive stratospheric NAM-phase.
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a) Anomalous changes during the increase and
maturation of the negative NAM-phase

b) Anomalous changes during the decline and

decay of the negative NAM-phase
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Figure 6.2: Schematic diagram showing the mechanisms that contribute to (a) the
strengthening and (b) the weakening of the negative anomalies of the
stratospheric polar jet and its impact on the tropospheric circulation
during the evolution of the strong negative stratospheric NAM-phase.
F+ (F-) represents positive (negative) feedback
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unclear.

As shown in chapter 5, tropospheric and stratospheric NAM are two different
modes having different time scales, and driven by different mechanisms: The life
cycle of the tropospheric NAM-mode is much shorter and is dominated by high
frequency fluctuation in the synoptic time scales superimposed to low frequency
changes. Onset, increase, and mature phases of the tropospheric mode are preceded
and accompanied by an enhanced vortex. The enhanced tropospheric westerlies at
lag 0 are followed by a strong vortex and cooling 4-5 days later. The tropospheric
anomalies are much stronger and the stratospheric anomalies much weaker in the

tropospheric mode as compared to the stratospheric mode.

The differences in the structures and time scales between the tropospheric and
stratospheric NAM reflect the different forcings driving these modes. In the strato-
spheric NAM mode, the tropospheric westerlies are driven non-locally by the strato-
spheric circulation and are enhanced by the vortex-wave forcing feedback. In the
tropospheric mode, on the other hand, the tropospheric westerlies are induced by a
strong internal wave and a residual forcing, which develop inside the troposphere in
a synoptical time scale. This results in the tropospheric westerlies being stronger in
the tropospheric than in the stratospheric mode. The stratosphere is also important
in the tropospheric mode: It provides the upper troposphere with westerly wind
and wind shear that can contribute to the internal amplification of the baroclinic
wave in the troposphere. The amplification of the wave forcing in the maturation
phase leads to an enhanced anomalous change in the tropospheric circulation, which
results, by continuity, in a strong anomalous upward motion (i.e. adiabatic cooling)
in the arctic and thus in a strong vortex that reaches its maximum 4-5 days later and
contributes, through the stretching vorticity mechanism and vortex-planetary waves
feedback, to the persistence of both tropospheric and stratospheric westerlies and
cooling. The weak stratospheric westerlies in the tropospheric mode result from the

weak contribution of the planetary waves to the enhanced westerlies in this mode.
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Figure 6.3: a (b) illustrates the non-local forcings driving the NAM residual cir-
culation patterns between the troposphere and lower mesosphere during
strong positive (negative) stratospheric NAM-phases. Positive (nega-
tive) forcing is shaded in dark (light) grey. Positive forcing drives equa-
torward motion and thus, by continuity, negative (positive) residual cir-
culation under (above) the forcing source. Negative forcing drives pole-
ward motion and thus, by continuity, positive (negative) residual circu-
lation under (above) the forcing source. Only forcing acting away from
the boundary layers can drive the circulation both above and under the
forcing source. The residual effect (R) can be explained by the following
forcings: gravity wave, non-quasigeostrophic component of the EP-flux
and frictional forcing (see text). The non-local forcings exercise positive
feedback on the NAM-wind patterns between the free troposphere and
stratosphere but negative feedback in the upper and lower boundaries.
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APPENDIX A

The stretching or contraction of the stratosphere could lead, by continuity, to the
change of temperature, pressure and wind in the troposphere and/or mesosphere
through the resulting vertical motion. Processes that drive the change of the stretch-
ing vorticity can thus contribute to understanding the coupling among stratosphere,
troposphere and mesosphere. A tendency equation of the stretching vorticity can
be derived from the quasigeostrophic basic equations in z coordinates |e.g. Andrews

et al., 1987; Holton, 1992|.

Using the zonal-mean quasigeostrophic potential vorticity equation in z coordi-

nate:
G = (¢ ~X),+ forg' (po%)z, (A-1)

and the quasigeostrophic relation between the meridional eddy flux of the potential

vorticity and the divergence of the EP-flux:

v'd = (po) ' V.F, (A-2)
we can rewrite the potential vorticity equation A-1 in the following form:

@ = (=(po)'V.F — Y)y + fory! (p()%)Z, (A-3)
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In this equation,

@ = (_ay>t+(@>t (A'4)

is the local change of the potential vorticity, and (g;), is the local change of the

t

stretching vorticity defined as follows:

(@), = % (%(

|

). (A-5)
If we use the TEME,
U — fov* = (po) 'V.E+X | (A-6)
we can rewrite equation A-3 in this form:
@ = (— + fov*), + fopy ' (Po%)z : (A-7)
Using A-4 and A-7, we get the following tendency equation of the stretching vorticity:
@), = (Fov®), + fori™ (ot - (A-8)

According to A-8, the local change of the zonal mean stretching vorticity is controlled
by the meridional divergence of the residual Coriolis forcing (first term on the right)

and the vertical structure of the diabatic heating (second term).
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